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Abstract—Bulk dissolution rates for sediment from ODP Site 984A in the North Atlantic are determined
using the 234U/238U activity ratios of pore water, bulk sediment, and leachates. Site 984A is one of only
several sites where closely spaced pore water samples were obtained from the upper 60 meters of the core;
the sedimentation rate is high (11–15 cm/ka), hence the sediments in the upper 60 meters are less than 500
ka old. The sediment is clayey silt and composed mostly of detritus derived from Iceland with a significant
component of biogenic carbonate (up to 30%).

The pore water 234U/238U activity ratios are higher than seawater values, in the range of 1.2 to 1.6, while
the bulk sediment 234U/238U activity ratios are close to 1.0. The 234U/238U of the pore water reflects a balance
between the mineral dissolution rate and the supply rate of excess 234U to the pore fluid by �-recoil injection
of 234Th. The fraction of 238U decays that result in �-recoil injection of 234U to pore fluid is estimated to be
0.10 to 0.20 based on the 234U/238U of insoluble residue fractions. The calculated bulk dissolution rates, in
units of g/g/yr are in the range of 4 � 10�7 to 2 � 10�6 yr�1. There is significant down-hole variability in
pore water 234U/238U activity ratios (and hence dissolution rates) on a scale of ca. 10 m. The inferred bulk
dissolution rate constants are 100 to 104 times slower than laboratory-determined rates, 100 times faster than
rates inferred for older sediments based on Sr isotopes, and similar to weathering rates determined for
terrestrial soils of similar age. The results of this study suggest that U isotopes can be used to measure in situ
dissolution rates in fine-grained clastic materials.

The rate estimates for sediments from ODP Site 984 confirm the strong dependence of reactivity on the age
of the solid material: the bulk dissolution rate (Rd) of soils and deep-sea sediments can be approximately
described by the expression Rd � 0.1 Age�1 for ages spanning 1000 to 5 � 108 yr. The age of the material,
which encompasses the grain size, surface area, and other chemical factors that contribute to the rate of
dissolution, appears to be a much stronger determinant of dissolution rate than any single physical or chemical
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1. INTRODUCTION

A fundamental objective of geochemistry is to quantify the
rates at which minerals and fluids react (Hochella and Banfield,
1995; White and Brantley, 1995; Wood and Walther, 1986).
These rates are critical for understanding the role of weathering
in climate change (Kump et al., 2000; Lasaga and Berner,
1998), fluid–rock interaction in hydrothermal systems (Wood
and Walther, 1983), and reactive chemical transport in a range
of contexts from contaminant migration in porous media (John-
son et al., 2000; Luo et al., 2000; Roback et al., 2001) to
regional metamorphism (Baxter and DePaolo, 2000). Mineral–
fluid reaction rates are also necessary for assessing the degree
to which diagenesis modifies the isotopic and chemical records
held in sediments (Richter and DePaolo, 1987, 1988; Schrag et
al., 1995). The ability to predict natural rates of solid–fluid
reactions is limited by the fact that key parameters such as
reactive surface area and the free energy departure from equi-
librium are difficult to determine in nature (Brantley and Chen,
1995; Brantley and Mellott, 2000; Cama et al., 1999; Hochella
and Banfield, 1995; Hodson et al., 1998a, 1998b; Hodson et al.,
1997; Jeschke and Dreybrodt, 2002; Lasaga, 1998; White et al.,
1996).
* Author to whom correspondence should be addressed (katem@
eps.berkeley.edu).
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The available information for mineral–fluid reaction rates is
derived from laboratory experiments (e.g., Blum and Stillings,
1995; Brantley and Chen, 1995; Burch et al., 1993; Chen and
Brantley, 1997; Taylor et al., 2000), from studies of soils
(Stewart et al., 2001; Taylor and Blum, 1995; White, 1995;
White et al., 1996), and from studies of the dissolved loads of
streams (Drever, 1988; Drever and Clow, 1995; White et al.,
1998). In general, weathering rates (or mineral dissolution
rates) in natural environments are significantly slower than the
rates measured in laboratory experiments. In addition, esti-
mates of mineral–fluid reaction rates in completely saturated
natural systems not in close contact with the atmosphere are
few, despite the amount of geochemical research that considers
such systems. We describe an approach to determining bulk
mineral dissolution and precipitation rates in deep-sea sedi-
ments using uranium isotopes in pore fluids and solid phases.
This approach follows from analogous studies using Sr isotopes
in pore fluids (Richter and DePaolo, 1987, 1988; Schrag et al.,
1995). The measurements of solid-phase constituents may also
facilitate the radiometric dating of young oceanic sediment.

Deep-sea sediments provide an interesting natural laboratory
for studying mineral dissolution and fluid-phase chemistry at low
temperature. Numerous studies document the geochemistry and
isotopic compositions of U in deep-sea sediments (Anderson,

1982, 1987; Anderson and Fleisher, 1989; Anderson et al., 1989a;
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Anderson et al., 1989c; Barnes and Cochran, 1990; Baskaran et
al., 1996; Cochran, 1992; Cochran et al., 1986; Cochran and
Krishnaswami, 1980; Colley, 1992; Gariepy et al., 1994; Hillaire-
Marcel et al., 1990; Klinkhammer and Palmer, 1991; McKee et al.,
1987). In general, the mobility of U during diagenesis is limited
because it is relatively insoluble and adsorbs to mineral surfaces.
The organic content of the sediment regulates U mobility by
affecting the oxidation state of the sediments (Anderson et al.,
1989a; Andersson et al., 2001; Barnes and Cochran, 1990; Sants-
chi et al., 1988; Thomson et al., 1990; Zheng et al., 2002a). Pore
fluid U concentrations are lowest (ca. 0.5 �g/L or less) in organic
carbon-rich sediment, whereas in oxidizing carbonate oozes with
low organic content the pore fluid concentrations are only slightly
lower than that of seawater, or approximately 3 �g/L. The U
concentration of pore fluids is commonly lower than that of
seawater, which implies that U is extracted from seawater by
either precipitation or adsorption (Anderson et al., 1989b; Barnes
and Cochran, 1990; Thomson et al., 1990; Yamada and Tsunogai,
1984). The kinetics of these reactions, along with dissolution, are
conveyed by the U isotopic signatures of the fluid and solid phases
in the system.

The U isotope system has several advantageous features for
measuring dissolution rates. The activity ratio 234U/238U in-
volves two nuclides in the same radioactive decay chain. Hence
this ratio is just the inverse of the decay constant ratio (234N/
238N � �238/�234) in an undisturbed, closed system in radio-
active equilibrium. Rocks and minerals maintain the equilib-
rium activity ratio of unity unless they have been disturbed
recently by physical or chemical processes such as comminu-
tion or leaching; thus unlike other radiogenic isotope systems
used in geochemistry, rocks are nearly uniform in 234U/238U.
Fine-grained solids, however, do not quantitatively retain in-
termediate decay products of uranium because of �-recoil ef-
fects (Bonotto and Andrews, 1993; Fleischer, 1980, 1982a,
1988; Kigoshi, 1971; Kronfeld et al., 1975; Ku, 1965). The
�-recoil effect causes the 234U/238U ratio of fine-grained solids
(��250 �m in diameter) to depart from the equilibrium value
resulting in excess 234U in the interstitial fluid phase. Conse-
quently, fluids in contact with fine-grained rock materials tend
to have 234U/238U ratios that exceed the equilibrium value,
sometimes by more than a factor of 10 (Banner et al., 1990;
Hussain and Krishnaswami, 1980; Kaufman et al., 1968;
Kronfeld et al., 1975). If the solid phase is dissolving concur-
rently, the dissolution process supplies U with a low 234U/238U
ratio to the fluid. Hence, the fluid isotopic composition reflects
a balance between the �-recoil effects and the dissolution rate
of the solid (Kraemer and Kharaka, 1986; Reynolds et al.,
2003; Tricca et al., 2000, 2001).

Given the half-life of 234U (239,000 yr), the U isotope
system is also appropriate for dating materials that are less than
500,000 yr old, and hence could be valuable for dating glacial
cycles in marine sediments. There has been considerable suc-
cess in using U and Th to date coral (Cheng et al., 2000;
Edwards et al., 1987; Hamelin et al., 1991; Henderson et al.,
1993; Stein et al., 1991; Yokoyama and Nguyen, 1980). How-
ever, the dating of fine-grained sediments has proven difficult
due to postdepositional processes (Delaney and Boyle, 1983;
Henderson et al., 2001; Ku, 1965; Slowey et al., 1996). Insight

into the behavior of U in Pleistocene sediments could help in
further developing methods for sediment dating with U iso-
topes (Russell et al., 1994).

The isotopic ratio and concentration of U in pore water, bulk
sediment, and two selected authigenic fractions of marine sed-
iments are used to evaluate dissolution rates for ODP Site 984A
in the North Atlantic. The sediments are unconsolidated and
have high porosity (ca. 0.7), so they can be treated as a nearly
ideal porous medium (Carter and Raymo, 1999). The sedimen-
tation rates are typically low enough that advection rates are
small, and fluid-phase diffusion is the primary means of large-
scale chemical transport. Furthermore, the sediments are typi-
cally of known age, were deposited systematically and quies-
cently in a known sequence, and can be treated reasonably well
as a one-dimensional system with the ocean as the upper
boundary.

2. MATERIAL AND METHODS

2.1. Sample Description and Preparation

The samples analyzed are from the North Atlantic Ocean ODP site
984A (61°25.507=N, 24°04.939=W) drilled during ODP Leg 162. Site 984
is located on the Bjorn Drift on the eastern flank of Reykjanes Ridge
(southwest of Iceland) at �1650 m of water depth (Fig. 1). The sediment
has an accumulation rate of approximately 15.4 cm/ka from 0 to 29 m and
11.5 cm/ka from 29 to 97 m depth, and is mainly composed of well-sorted
terrigenous silts derived from Iceland (Channell and Lehmen, 1999). The
bottom current, which supplies sediment to the drift site, acts to select
particles according to their hydraulic dimensions resulting in a condensed
grain size distribution. The average grain size, based on relatively few
samples that have been measured (Carter and Raymo, 1999), is �8 �m;
�2/3 of the sediment consists of grains smaller than 20 �m, and only 6%
are larger than 63 �m (Fig. 2). The sediments consist of four primary
components: biogenic carbonate, plagioclase-rich ice-rafted debris, basal-
tic material derived from Iceland, and a fine amorphous component that
may be biogenic silica (Carter and Raymo, 1999; Wright and Flower,
2002). Foraminiferal abundance and calcium carbonate contents are quite
low. Calcium carbonate contents were not measured directly on samples
from Hole 984A, but were found to be between 3% and 30%, with an
average of 7% in the equivalent depth interval (mcd) of Hole 984 (Fig. 3).
The mineralogy of the sediment is dominated by plagioclase, smectite, and
quartz, with lesser amounts of illite, kaolinite, and chlorite, in order of
decreasing abundance (Carter and Raymo, 1999).

The sediment and pore water samples were collected from 8 to 60 m
composite depth (mcd) of Hole 984A. The pore water samples were
taken from near the core top down to �56 mcd. Each sample was
extracted from the 144–145-cm interval of each core. Pore water
samples were filtered on-ship and measured for major elements, alka-
linity, and some trace elements. Some of the chemical properties of the
pore fluids are exhibited in Figure 3.

Pore water samples were digested in HClO4 to dissolve any organic
material growing in the solution before analysis. This was done to
prevent isotopic fractionation between fluid and the in-growth material.
Each pore water sample was weighed before digestion. About 3 to 5
drops of concentrated HClO4 was added. The sample was heated on the
hotplate for several hours to dryness. After cooling, the residual salt
was dissolved in 1N HNO3 to approximately the volume of the original
sample.

The sequential extraction procedure of Tessier et al. (1979), with
some modification, was used to attempt to separate the exchangeable
and authigenic fractions from the bulk sediment. The exchangeable U
was extracted with MgCl2 solution, and the carbonate was extracted
using sodium acetate solution. The sediment used in this study has very
little organic matter (less than 0.5% (Raymo et al., 1999); therefore, we
did not employ a separate leaching procedure to extract U from the
organic phase. About 1 g of dry sediment was processed for each
sequential extraction. The dried sediment is ground to clay size with
agate mortar and pestle and then shaken repeatedly in a glass vial to

promote homogeneity. The exchangeable phase is extracted at room
temperature by leaching for 1 h with 8 mL of 1M MgCl2 adjusted to
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pH � 7–8 with NH4OH. The sample is then centrifuged for 20 min, the
supernatant weighed and saved for U analysis. The “carbonate” phase
is extracted from the residue of the MgCl2 leaching step, using 8 mL of

Fig. 2. Grain size distribution for the upper 60 m of Site 984A

Fig. 1. Location of Site 984 (Bjorn Drift) in the North
Ridge; RP: Rockall Plateau; RT: Rockall Trough; RR: R
sediments (from Carter and Raymo, 1999). The mean grain diameter is
5-10 �m.
1M NaOAc adjusted to pH 5 with acetic acid for 5 h. The sample is
then centrifuged for 20 min and the supernatant weighed and saved for
U analysis. The resulting residues were not analyzed for U isotopes;
however, several fresh samples proximal to the original samples were
leached in 1.5 N HCl for 30 min in an ultrasonic shaker to remove
authigenic phases. After removal of the leachate and subsequent dis-
tilled water rinses, the resulting residues were completely digested
using concentrated HF-HClO4.

2.2. Isotope Ratio Measurements

Isotope dilution and isotopic ratio measurements were done on two
aliquots of each sample. The concentration measurements were done
separately due to the high concentration of the 233U spike at the time of
measurements. For the isotope dilution aliquot, �1 to 10 ng of U was
spiked with 233U to a 238U/233U ratio of 5 to 10. For the isotopic ratio
aliquot in pore waters, the amount of U processed typically was 1 to
3 ng, although in some samples the total was less than 1 ng. For the
isotopic ratio aliquot of the sediment and leachates, up to 40 ng of U
was processed.

The U was extracted from both sediment and sample solutions using
Eichrom UTEVA resin. Approximately 50 �L of UTEVA resin was used
for each extraction. After loading the resin onto the column, the column
was washed with 60 drops of 0.1N HCl and rinsed with one column-
volume of water. The column was then preconditioned with 15 drops of
1N HNO3. The previously dried sample was dissolved in 5 drops of
1N HNO3. Sample was centrifuged and loaded onto the column. The

ic. IFR: Iceland-Faeroe Ridge; WTR: Wyville-Thomson
s Ridge.
column was then washed with 55 drops of 1N HNO3 and the eluant
discarded. The U was then eluted with 50 drops of 0.1 N HCl. Then 1 drop
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of H3PO4 and 5 drops of 8 mol/L HNO3 were added for digesting the
organics, and the solution was heated to dryness. The sample was then
ready for mass spectrometric measurement.

The strontium of selected pore water samples and NaOAc leachates
was extracted and purified using Eichrom Sr-spec resin. About 0.1 mL
of each pore fluid and leachate solution was dried for Sr analysis. About
50 �L of Sr-Spec resin was loaded onto small columns custom made
with shrinkable Teflon tubing. The columns were first washed with
2 mL of H2O, then preconditioned with 20 drops of 3N HNO3. Each
sample was dissolved in 2–3 drops of 1N HNO3 and loaded onto the
column. Columns were then washed with 30 drops of 1N HNO3. Sr was
eluted with 1 mL of H2O. One drop of 0.025M H3PO4 was added, and
the solution was heated to dryness.

2.3. Mass Spectrometry

Both the isotope dilution and isotopic ratio analyses for all samples
except the solid residues were done on a Micromass single collector
thermal-ionization mass spectrometer. The instrument is equipped with an
analog Daly detector and an axial Faraday cup, with a relative gain of
�100 between the two detectors. Samples were loaded onto single zone-
refined Re filaments in 2N HCl graphite colloid solution and H3PO4. The
234U/238U was calculated from a measurement of 234U/235U and assuming
the natural abundance ratio of 235U/238U to be 1/137.88. The reproducibil-
ity of the 234U/235U of the U500 standard measured through a 10-month
period in 1998 was �0.1% (2�) (Table 1). The mean measured value was
0.010425 � 12, nearly identical to the reported value of 0.0104254.
Instrumental mass discrimination was smaller than the external precision
of 0.1%. The measurements for the samples, especially the pore fluids, had
much larger internal uncertainties than 0.1%, due to the small quantity of
U available. Therefore, uncertainties caused by the lack of a fractionation
correction are insignificant for this study.

The U isotopic ratios were measured with the mass spectrometer
filament temperature between 1750°C and 1900°C. The best ionization
efficiency for U (loaded with NIST graphite in ethanol and water) was
achieved at filament temperatures between 1800°C and 1850°C. For a
sample with 3 ng of U, a 235U beam of ca. 1 � 10�14 Amp can be
maintained for 15 to 30 min. This corresponds to an ionization effi-
ciency of �1.6 to 3 � 10�3. We found that NIST graphite colloid and
ethanol were needed to achieve this level of ionization efficiency.

Five of the pore water samples were measured using a Micromass
Isoprobe multi-collector inductively coupled plasma (ICP) mass spec-
trometer. The 234U/238U ratios were measured by comparison with a
standard having the secular equilibrium value. Two samples were
measured by both thermal ionization mass spectrometry (TIMS) and

Fig. 3. (a) CaCO3 content, (b) total organic carbon (T
concentration, and (e) pore fluid U concentration for Site
multi-collector inductively coupled plasma mass spectrometry (MC-
ICPMS) for comparison. The agreement between the two measure-
ments was 2–4% of the activity ratio. The precision of the MC-ICPMS
measurements was also �2–4% of the activity ratio. The precision was
limited because of small sample size (�1 ng U). The recently prepared
HCl residues were analyzed for 234U/238U with the Lawrence Berkeley
National Laboratory Isoprobe, and were measured to much higher
precision (�0.05% of the activity ratio) as a consequence of larger
sample sizes and a procedure that allows for instrumental mass discrimi-
nation corrections using the 235U/238U ratio (Christensen et al., 2004).

The Sr isotopic ratios were measured using dynamic multi-collection
with a TIMS VG Sector 54 instrument. The 86Sr/88Sr ratio was nor-
malized to 86Sr/88Sr � 0.1194, and analyses of the NBS987 Sr standard
during the course of this study yielded an average value of 0.71028
� 2.

3. RESULTS

Figure 3 presents relevant geochemical data for the Site
984A sediments. The organic carbon contents of the sediments
are low and show no consistent relationship to the pore water U
concentrations. It is generally found that when organic carbon
contents are less than 0.5%, U is not likely to be reduced to the
�4 oxidation state (Colley et al., 1984; Thomson et al., 1990).
Hence it appears that the amount of organic material does not

) pore fluid alkalinity, (d) pore fluid calcium and sulfate
ata are from Raymo et al. (1999).

Table 1. Isotopic measurements of U500 standard.

Date

234U/235U
measured

234U/238U
(converted)a

U500 65.5 ng U 1/28/98 0.010438 � 19 0.010435 � 19
U500 65.5 ng U 2/26/98 0.010393 � 33 0.010390 � 33
U500 65.5 ng U 4/8/98 0.010528 � 18 0.010525 � 18
U500 65.5 ng U 7/13/98 0.010439 � 30 0.010436 � 30
U500 65.5 ng U 8/24/98 0.010423 � 30 0.010420 � 30
U500 65.5 ng U 10/9/98 0.010425 � 28 0.010422 � 28
U500 65.5 ng U 10/25/98 0.010388 � 78 0.010385 � 8
U500 65.5 ng U 11/3/98 0.010395 � 96 0.010392 � 10
U500 65.5 ng U 11/11/98 0.010396 � 17 0.010393 � 17
average 0.010425 � 12b 0.010422 � 12c

a Converted by using the reported 235U/238U atomic ratio of
0.999698.

b 234 235
The reported U/ U value is 0.0104254.
c The reported 234U/238U value is 0.0104222.
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Bulk U concentration for this sample is adopted from the value of 3H-1 139
the adopted bulk U value.
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play a strong role in regulating the pore water U concentration
in this core. The decrease in Ca with depth is interpreted as
reflecting calcite precipitation associated with sulfate reduction
(Raymo et al., 1999).

The U concentration and isotopic ratios of the ODP 162 Hole
984A pore waters are shown in Table 2. Those of the bulk
sediment and MgCl2 and NaOAc leachates are listed in Table 3.
The U contents of the pore water samples (Fig. 3) are all lower
than the seawater value of �3.2 �g/L, which indicates that remi-
neralization of U from suspended solids in the pore fluids during
sampling (and before filtration) was not serious. The pore water
concentrations were lowest in the upper 20 meters, with an aver-
age value of 0.6 �g/L. U concentrations were somewhat higher
but variable in the remainder of the core. The bulk sediment U
concentrations are less variable than the pore water concentrations;
the average concentration is 1.7 ppm. The low concentration in the
bulk sediment for the 13.2 m sample (2H-4) indicates that the
sediment at this depth may be dominated by biogenic silica. The
shallowest sample has an especially high U concentration. For the
cases where bulk sediment and pore fluid U concentration were
measured on the same sample, the ratio of bulk sediment–to–pore
fluid U concentration varies from 1500 to 7400; the average value
for the core is 3500.

The pore water and bulk sediment 234U/238U activity ratios
are shown in Figure 4. The dashed line in Figure 4 demon-
strates how radioactive decay of 234U would cause the 234U/
238U ratio of pure and unmodified biogenic calcite (i.e., CaCO3

composed only of seawater-derived U) to change with depth.
The bulk sediment in the upper meter of the core has a 234U/
238U ratio that is slightly lower than the seawater value of 1.149
(Chen et al., 1986, Delanghe et al., 2002). Given the high

ulk sediment and MgCls and NaOAc leachates.

of
n

234U/238U in
MgCl2

leachatec

Fraction of
bulk U in
NaOAc
leachate

(%)

234U/238U in
NaOAc

leachateb

U conc. in
NaOAc leachate

(ppm)d

1.137 � 6 17.2 1.125 � 6 33.6
nd nd nd nd

1.175 � 13 11.5 1.195 � 6 7.9
nd nd nd 2.0

1.215 � 11 1.6 1.348 � 46 2.0
1.166 � 15 9.8e 1.168 � 18 2.2
1.087 � 8 13.0 1.102 � 6 47.3
1.198 � 17 18.3 1.203 � 6 13.3

nd nd nd nd
1.199 � 9 12.3 1.214 � 6 18.2
1.202 � 29 nd 1.055 � 211 nd
1.076 � 7 6.3 1.076 � 6 12.0
1.264 � 20 16.8 1.26 � 8 10.5

nd nd nd nd
1.307 � 10 7.6 1.346 � 11 5.7

nd nd nd nd
1.616 � 26 7.0 1.563 � 66 4.3

itial sample.
ming a 235U/238U atomic ratio of 0.007257.
sample.
Table 2. U concentration and isotopic ratios of 984A pore fluids.

Sample IDa
Depth
(mcd)b U (�g/L)

234U/235U
measured

234U/238Uc

activity ratio

984A 2H-01 8.73 0.187 0.00985 � 38 1.29 � 5
984A 2H-02 10.23 0.216 0.00887 � 27 1.16 � 4
984A 2H-04 13.23 0.078 0.01179 � 47 1.54 � 6
984A 2H-05 14.73 0.370 0.00901 � 13 1.18 � 2
984A 3H-01 18.33 0.226 nd nd
984A 3H-03 21.33 0.329 0.00968 � 26 1.27 � 3
984A 3H-03 21.33 0.402 nd nd
984A 3H-04 22.83 0.580 0.01014 � 67 1.33 � 9
984A 3H-06 25.83 1.339 0.01012 � 16 1.32 � 2
984A 4H-01 28.14 0.875 nd 1.35 � 1d

984A 4H-02 29.64 1.094 nd nd
984A 4H-03 31.14 0.817 0.00961 � 25 1.26 � 3
984A 4H-05 34.14 0.464 0.00991 � 19 1.30 � 2
984A 4H-06 35.64 1.031 0.01217 � 13 1.59 � 2
984A 5H-01 38.85 1.318 0.01144 � 11 1.50 � 2
984A 5H-02 40.35 1.428 0.01229 � 13 1.61 � 2
984A 5H-03 41.85 1.415 0.01177 � 9 1.54 � 1
984A 5H-03 41.85 1.386 nd nd
984A 5H-05 44.85 0.409 0.01107 � 16 1.45 � 2
984A 6H-01 48.94 0.881 0.01026 � 12 1.34 � 2
984A 6H-02 50.44 0.201 0.01023 � 42 1.34 � 5
984A 6H-03 51.94 0.939 nd nd
984A 6H-05 54.94 0.679 0.01250 � 15 1.63 � 2
984A 6H-06 56.44 0.542 0.01033 � 38 1.35 � 5

nd � not determined.
a All pore waters were taken from 144–145 cm depth of each core.
b Meters composite depth for Site 984. The depth is determined by

correlating measured properties between different holes to establish a
common depth scale for the site (Raymo et al., 1999).

c Converted by using the natural 235U/238U atomic ratio of 0.007257.
Table 3. U concentration and isotopic results of 984A b

Sample ID
Depth
(mcd)a

Bulk U
(�g/g)

Leaching
weight

lossb (%)

Bulk
234U/238U
activity
ratioc

Fraction
bulk U i

MgCl2
leachate

(%)

1H-01 74-75 0.79 2.70 1.37 1.118 � 10 3.57
1H-01 139-140 1.44 1.80 1.095 � 10 nd
2H-02 139-140 10.23 1.62 2.34 1.014 � 9 3.67
2H-03 139-140 11.73 1.39 0.48 0.957 � 8 nd
2H-04 139-140 13.12 0.58 7.33 0.966 � 25 0.33
3H-01 74-75 18.15 1.67e 0.45 nd 1.72e

3H-01 139-140 18.22 1.67 2.33 1.030 � 9 6.03
3H-04 139-140 22.83 1.70 0.959 � 96 9.62
3H-05 139-140 24.33 1.55 1.38 0.973 � 11 nd
4H-1 139-140 28.14 2.05 6.87 0.979 � 29 4.28
4H-2 74-75 29.46 1.67 1.20 0.964 � 93 1.01
4H-02 139-140 29.53 2.28 2.73 0.967 � 31 2.45
5H-01 139-140 38.85 1.70 0.979 � 18 5.88
5H-02 139-140 40.24 1.59 2.73 1.002 � 11 nd
5H-03 139-140 41.85 2.08 0.956 � 8 2.78
5H-05 139-140 44.85 1.95 1.97 1.021 � 30 nd
6H-5 139-140 54.94 1.19 1.37 1.028 � 11 2.08

nd � not determined due to insufficient sample.
a Meters composite depth.
b Weight loss after both leaching processes. Corrected for salt content of in
c All activity ratios calculated from measured 234U/235U atomic ratios assu
d Assuming that the weight loss is due to dissolution of the CaCO3 in the
e
 –140. U fraction in MgCl2 and NaOAc leachates were calculated using
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CaCO3 content in this shallow section of the core, the U budget
may be dominated by detrital and/or biogenic calcite and au-
thigenic phases, perhaps as a result of a recent reduction in the
terrigenous input. The 234U/238U ratios of the remainder of the
bulk sediment samples are closer to the secular equilibrium
value of 1.0, but there are significant variations between 0.95
and 1.03. As will be discussed further, the bulk values are near
unity largely because they are mixtures of detrital material with
234U/238U less than or equal to 1.0, and biogenic and authigenic
materials with 234U/238U higher than 1.0. The pore water
234U/238U values are higher than the seawater value and gen-
erally increase with depth. The pore water 234U/238U values are
quite variable on a 10-m scale, and show no significant corre-
lation with U concentration.

The two leaching procedures resulted in the extraction of
materials with almost identical 234U/238U ratios (Fig. 5). Thus
the leachable materials, as expected, appear to consist of a
mixture of primary precipitates and authigenic materials de-
rived from the pore water, presumably including adsorbed U.
The proportion of authigenic/adsorbed uranium generally in-
creases down-section, but there are large local variations. At 18
and 30 m depth, the uranium in the leachable phase appears to
originate almost entirely from primary marine materials. The
leachates from the deepest sample (54.95 m depth � 340 ka)
have 234U/238U that is identical to the pore fluid values. In
general, it appears that where leaching released relatively small
amounts of U in comparison to the CaCO3 contents of the
samples (e.g., depths of 13.12 m and 54.95 m) the leachate

Fig. 4. (a) Pore fluid (�g/L) and bulk solid (�g/g) urani
pore fluid and bulk solid. Dashed line is the activity ratio th
with the initial seawater 234U/238U activity ratio of 1.149
um concentrations for Site 984A. (b) 234U/238U activity ratios for
isotopic composition approaches the pore water value, reflec-
Fig. 5. Measured 234U/238U activity ratios in leachates and insoluble
residue for the Site 984A samples. Also shown are the data on pore
fluid and bulk solid from Figure 4. Dashed line is the activity ratio that

corresponds to primary marine calcite formed with the seawater value
of 1.149.
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tive of greater relative amounts of newly precipitated CaCO3.
Where the leaching produced larger U yields (at most other
depths) the leachate isotopic composition is closer to the pri-
mary marine value, but still shifted substantially toward higher
values as a result of the secondary calcite precipitated from the
pore water. Hence we conclude that both leach procedures

Table 4. U activity ratios for primary residues (1.5 N HCl
leach).

mcd (m) 234U/238U �2 �

2.30 0.96818 0.00337
4.45 0.87840 0.00200
9.47 0.90398 0.00110

12.48 0.88082 0.00140
19.08 0.96074 0.00191
20.58 0.93208 0.00168
23.58 0.87988 0.00139
25.73 0.86003 0.00137
30.39 0.84774 0.00120
33.39 0.96501 0.00165
39.60 0.85378 0.00140
41.10 0.88016 0.00116
42.60 0.83001 0.00169
48.19 0.91806 0.00150
54.19 0.90960 0.00127
56.34 0.90913 0.00127
Fig. 6. Sr isotope values for Site 984A for pore fluid and NaOAc
leaches. The seawater Sr curve is shown for reference.
extracted a combination of primary and authigenic U, and
therefore do not provide a useful estimate of the isotopic
composition of adsorbed U, which should be virtually identical
to the pore water values.

The 234U/238U activity ratios of the insoluble residues, ob-
tained by leaching separate samples with HCl, are shown in
Figure 5. The isotopic values for the residues of the samples
below 10 m depth are less than the equilibrium ratio of 1, with
an average value of 0.9 and a range of 0.83 to 0.96 (Table 4).
The low values are primarily a result of 234U loss from the solid
phase as a result of �-recoil ejection of its parent nuclide, 234Th
(t1/2 � 24.1 d). This effect is commonly observed in fine-
grained marine sediments and is discussed in-depth in sections
4.4 and 4.5 (Colley and Thomson, 1992; Hillaire-Marcel et al.,
1990; Hussain and Lal, 1986; Ku, 1965; Yamada and Tsunogai,
1984).

The average pore water uranium concentration is �5
times lower than the value in seawater, and varies from �2
to 30 times lower than the seawater concentration within the
core. This commonly observed uranium concentration re-
duction in sediment pore fluids has been attributed to either
precipitation, adsorption, or both (Klinkhammer and Palmer,
1991). If the reduction were entirely due to adsorption, then
the ratio of adsorbed U to dissolved U would be �5 in the
Site 984A sediment. This ratio is not well constrained by the
leaching procedures. Both leaching solutions apparently dis-
solved some solid material that is not in exchange isotopic
equilibrium with the pore fluid, because the 234U/238U of the
leachates is considerably lower than that of the pore fluid in
all but one sample (Fig. 5).

The Sr isotopic data (Fig. 6, Table 5) were obtained on
pore fluids and NaOAc leachates, but not on the bulk sedi-
ment. The pore fluid 87Sr/86Sr values vary smoothly and
decrease slightly with depth from the seawater value. The

Table 5. Sr isotopic ratios of 984A pore fluids and the NaOAc
leachate.

Sample ID
Depth
(mcd)

Agea

(ky)
Porewater
87Sr/86Srb

2H-02 149-150 10.23 66.4 0.70917 � 1
3H-03 149-150 21.33 138.5 0.70916 � 1
4H-01 149-150 25.83 167.7 0.70915 � 1
4H-05 149-150 31.14 270.8 0.70914 � 1
6H-01 149-150 44.85 390.0 0.70910 � 1
6H-06 149-150 54.94 477.7 0.70908 � 1

Sample ID
Depth
(mcd)

Agea

(ky)
NaOAc leachate

87Sr/86Sr

1H-01 74-75 0.79 5.1 0.70920 � 1
2H-02 139-140 10.12 65.7 0.70913 � 1
3H-01 139-140 18.22 118.3 0.70920 � 1
3H-04 139-140 22.72 147.5 0.70906 � 1
4H-01 139-140 28.03 182.0 0.70902 � 1
5H-01 139-140 38.74 336.9 0.70889 � 1
5H-03 139-140 41.74 363.0 0.70890 � 1
6H-05 139-140 54.83 476.8 0.70899 � 1

a Ages were calculated using an accumulation rate of 15.4 cm/ka for
upper 29 m and 11.5 cm/ka for depths greater than 29 m.

b 86 88
The Sr isotopic ratio was normalized to Sr/ Sr � 0.1194; The
value of the EN-1 standard (Holocene seawater shell) is 0.70919 � 2.
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pore fluid 87Sr/86Sr values are expected to decrease with
depth due to contributions from the dissolution of both older
marine carbonate at greater depth (e.g., Richter and De-
Paolo, 1987) and the terrigenous volcanic materials that
compose the sediment, both of which have lower 87Sr/86Sr.
The NaOAc leaches did not simply dissolve primary marine
carbonate, which in the age range represented by this core,
changes 87Sr/86Sr only slightly relative to the modern sea-
water value (Capo and DePaolo, 1990; DePaolo and Ingram,
1985; Henderson et al., 1994). The NaOAc leach also did not
dissolve only authigenic Sr, because authigenic Sr, having
been precipitated from pore water, should have 87Sr/86Sr
between that of the pore water and modern seawater. The Sr
isotopic data indicate that the NaOAc leach attacked sili-
cates, most likely newly formed clays, which may partly
account for the fact that the 234U/238U values of the NaOAc
leachates are lower than those of the corresponding pore
water. The smooth variation of 87Sr/86Sr with depth in the
pore fluid is in marked contrast to the abrupt 234U/238U
variations. This difference is partly due to the fact that the
pore fluid Sr concentration is much higher than that of U
relative to the solid-phase concentrations. Hence, diffusive
transport of Sr in the pore fluid is effective at smoothing
isotopic variations over tens of meters.

4. DISCUSSION

4.1. Interpretive Model

The processes that govern the initial isotopic composition of
the sediment are: (i) the deposition of primary carbonate with
seawater U activity ratio of 1.149, and (ii) the deposition of
primary terrigenous sediment with 234U/238U of less than or
equal to 1 (according to the age of the parent material, the grain
size of the sediment, and its weathering age). Pore water with
234U/238U equal to the seawater value is incorporated into
sediment at the time of deposition. With time, preferential
ejection of 234U from the grains results in enrichment of the
pore water in 234U. As the sediment profile ages, there is
continuous precipitation of authigenic phases, such as calcium
carbonate and amorphous silica (Davis et al., 1987; Richter and
Liang, 1993; You et al., 2003). It is assumed that these phases
inherit the 234U/238U value of the pore water from which they
precipitate. Concurrently, dissolution of primary silicate and
carbonate phases releases uranium to the pore fluid with a
234U/238U value between 0.85 and 1.15. The bulk value of
sediment will therefore reflect the “closed” system value, while
the U will be partitioned into four components: the insoluble
residue, the authigenic fraction, exchangeable fraction, and the
pore fluid. The exchangeable fraction is assumed to be in
isotopic equilibrium with the pore water. The authigenic frac-
tion at any depth represents an integrated record of pore fluid
compositions present at that horizon as the sediment has be-
come buried, modified by any subsequent recoil loss and decay.
As the profile ages, the insoluble silicate residue grows more
depleted in 234U as a result of continuing recoil loss, and the
other phases grow more enriched until steady-state values are
reached after several hundred thousand years.

The pore fluid and solid-phase U isotope ratios can be

understood with a relatively simple model for the transport of
U in solution. The model used here is adapted from those of
Johnson and DePaolo (1997), Ku et al. (1992), and Tricca et al.
(2000, 2001). An essential characteristic of the system is that
the pore fluid contains a small proportion of the U in the
sediment-pore fluid system. The U in the pore fluid therefore
has a short residence time, and hence the pore fluid isotopic
composition mainly reflects local conditions of exchange with
the solid phases, rather than vertical transport within the sedi-
ment column.

The U transport in solution is reasonably well described with
a standard advection-dispersion-exchange formulation:

d(Cf � Ce)(z)

dt
� D

d2Cf(z)

dz2
� (S � vf)

dCf(z)

dz
� P(z) (1)

where Cf (z) is the concentration of uranium in the fluid phase,
Ce is the concentration of adsorbed uranium per unit fluid
volume, S is the sedimentation rate, vf is advective velocity in
the vertical direction, and P(z) is the source-sink term for U
which includes decay, preferential ejection (in the case of
234U), dissolution, and precipitation. The relative amounts of
the dissolved and adsorbed components can be described by a
distribution coefficient Ke, which is equal to the ratio of Ce/Cf

(Krishnaswami et al., 1982). The retardation factor, Rf can be
used to simplify the transport equations:

Rf � �1 �
Ce

Cf
�� 1 � Ke. (2)

Ce can also be expressed as a concentration relative to the
amount of solid (Ca), the conversion being described by: Ce

� Ca[	s(1-
)/	f
]. Use of Eqn. 2 in Eqn. 1 assumes that
adsorption/desorption is both rapid (instantaneous) and ade-
quately described by a linear isotherm.

The source-sink formulation for dissolved 238U in the
fluid is:

P(z) � Ms[RdCs � RpKsCf] � �Cf(Rf). (3)

The first term on the right-hand side of Eqn. 3 represents the
dissolution and precipitation rates, and the last term, decay in
the dissolved and adsorbed components. All of the concentra-
tion terms are in general a function of depth (z). All parameters
are defined in Table 6 along with the assumed values.

The source-sink formulation for dissolved 234U in the
fluid is:

P(z)' � Ms[(f�� � Rdrs)Cs � RpKsCfrf]

� �'Cfrf(Rf
′) � �Cf(Rf) (4)

where the prime is used to distinguish 234U from 238U. The
dissolution term in Eqn. 4 is enhanced to include the input of
234U to the pore fluid from alpha recoil of 234Th to the pore
water. The f� parameter, or recoil loss factor is the fraction of
238U decays that result in loss of 234U to the pore fluid; this
parameter is discussed in more detail in the subsequent sec-
tions.

For the bulk solid (including both the primary material and

authigenic phases), the equation for 238U is:
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dCs

dt
� RpKsCf � (Rd � �)Cs (5)

and similarly for 234U:

d C�s

dt
� RpKsCf

′ � (Rd � �')Cs
′ � �(1 � f�)Cs (6)

The assumptions in the above formulations are that: (i) uranium
is stoichiometrically released by weathering at the value of the
activity ratio of the dissolving solid, which for the present
purposes is the activity of the residual solids; (ii) uranium is
distributed primarily in the nonquartz minerals (feldspar and
clay fractions) and is distributed evenly throughout each grain.

Preferential leaching along damaged recoil tracks has also
been proposed as a mechanism of 234U enrichment in natural
waters. Extensive laboratory experiments have attempted to
quantify the effects of both implantation into neighboring
grains (Fleischer, 1980, 1982a,b, 1983; Fleischer and Raabe,
1978), and leaching of 234U from recoil-tracks proximal to the
grain surface (Davis and Krogh, 2001; Eyal and Fleischer,
1985; Eyal and Olander, 1990a,b; Hussain and Lal, 1986).
Experiments involving implantation of 235U into silicate min-
erals suggested that up to 70% of the implanted atoms were
released within several days of immersion in distilled water
(Fleischer, 1982a,b). Given the time scales under consideration
here, it is likely that this process has no net effect on the activity
ratio of the solid or fluid because the process of decay is slow

Table 6. Equation parameters and e

Parameter Descr

Af
234U/238U activity ratio in pore fluid

As
234U/238U activity ratio in solid phase

Ca Concentration of U in adsorbed phase
Cf Concentration of 238U in solution (C=
Cs Concentration of U in solid phase
D Diffusion coefficient of UO2

2� in solu

 Porosity
fa Recoil loss factor
Ks Equilibrium distribution coefficient fo
Ke Equilibrium distribution coefficient fo
kd Surface-area normalized dissolution ra
L Alpha-recoil length
� Decay constant for 238U (�= for 234U)
Ms Solid mass to fluid unit volume ratio
P(z) Source-sink terms reflecting �-recoil,

and exchange with mineral surfaces
ri

234U/238U concentration ratio for phas
	s, 	m Solid density/Mineral density
	f Fluid density
Rd Dissolution rate constant
Rp Precipitation time constant
Rf Retardation factor for U (Rf

= for 234U)
Rs Mineral dissolution time constant (Su
S Sedimentation rate
SSA Specific surface area
vf Fluid velocity relative to the solid pha
z Depth coordinate in sediment (increas

a �= � 2.83 � 10�6 yr�1, � � 1.55 � 10�10 yr�1.
b Sedimentation rate for 29 to 97 m is 11.5 cm/ka.
c Sedimentation rate for 0 to 29 m is 15.4 cm/ka.
in comparison to the leaching of implanted daughter products.
The intergranular space is quite high for these sediments, thus
it is likely that the stopping power of the water will be sufficient
to prevent large implantation effects (the recoil range in water
is approximately 500Å). Therefore, for the case of implantation
followed by release of 234U to solution, any effect from im-
plantation is already considered in the f� term.

Hussain and Lal (1986) present a model coupled with labo-
ratory data that suggests preferential release of 234U to the fluid
along recoil tracks may play a significant role in creating the
universally high 234U/238U values of natural waters. This effect
is subject to several constraints; one is that fresh mineral
surfaces must continually be exposed via internal cracks and
joints that are made accessible by dissolution of the outer
layers. The second is that the contact time between the fluid and
solid is short and the weathering rate rapid, such that recoil
tracks and “virgin” surfaces are continually exposed. The
leaching along recoil tracks is presumably also a function of the
age of the material—most laboratory studies documenting pref-
erential release have used very old specimens (i.e., 1.4 Gya
monazites; Eyal and Olander, 1990a,b); ages of granites/min-
erals from Hussain and Lal (1986) and Fleisher (1982a,b, 1983)
were not reported). Given the slow weathering rate at Site 984
and the fine grain size (i.e., low internal surface area), prefer-
ential leaching is not an important consideration in a model of
deep-sea sediments (cf. Hussain and Lal, 1986).

The equations for 238U and 234U can be combined to obtain
an expression for the isotope ratio in the fluid and bulk solid

d values for Site 984A sediments.

Units

id volume atoms/vol-fluid
) atoms/vol-fluid

atoms/g-solid
cluding tortuosity correction 50 cm2/yr

0.7
0.075–0.17

itated solids Cs/Cf

orption (Ca/Cf)
tant mol/m2/sec

700Å
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C
dr

dt
�

dC'

dt
� r

dC

dt
(7)

The resulting expression is then

Rf
′ �rf

� t
� D��2rf

�z2�� 2D
Rf

′

Rf
� 1

cf

�Cf

�z

�rf

�z �� (S � v)
�rf

�z

� RdMs

Cs

Cf
�rs �

R'

R
rf�� �RpKsrf�1 �

Rf
′

Rf
�

� (� � �')Rf
′rf � ��Rf � f�Ms

Cs

Cf
� (8)

If it is assumed that the distribution coefficients are similar for
both isotopic species so that Rf= � Rf, the resulting equation for
the isotope ratio of the fluid is:

Rf

�rf

�t
� D��2rf

�z2
� 2

1

cf

�Cf

�z

�rf

�z �� (S � v)
�rf

�z

� RdMs

Cs

Cf

(rs � rf) � (� � �')Rfrf

� ��Rf � f�Ms

Cs

Cf
� (9)

The solid isotopic ratio is not affected by dissolution, only by
decay and recoil-loss, therefore the evolution of the solid ac-
tivity ratio is given by:

drs

dt
� RpKs

Cf

Cs

(rf � rs) � (� � �')rs � �(1 � f�) (10)

The pore fluid isotopic ratio can be considered to be at
“steady state” (�rf /�t � 0) because the time scale for adjust-
ment of the isotopic ratio to the local conditions is short. If the
bulk dissolution rate constant is changed, the rf value adjusts on
a time scale of:

� fluid �
Rf

RdMs

Cs

Cf

(11)

Since the concentration ratio (Cs/Cf) is �3000 and Ms is on
average 1.0, if the bulk dissolution rate constant is �10�6 yr�1

and (Ce /Cf ) is in the range 5 to 10, then the fluid adjustment
time is between 2000 and 3700 yr. The fluid adjustment time is
short in comparison to the total time for accumulation of the
Site 984 sediments (�400 ka). If (Ce /Cf ) exceeds �50, then
the steady-state assumption begins to break down.

4.2. Reaction Lengths for U Isotopes

In general, solutions to Eqn. 9 and 10 are required to inter-
pret U isotopic data from fluids and sediment. However, for the
Site 984 sediments, the transport terms are small in comparison
to the source-sink terms and hence the data can be interpreted
adequately by setting the transport terms to zero. This conclu-
sion is reached by consideration of the values of the diffusive

and advective reaction lengths that apply to U isotopes, and is
essentially a consequence of the large contrast in U concentra-
tion between the solids and the fluid.

For a diffusive system, the length scale at which transport in
the fluid phase is significant can be estimated from the diffusive
reaction length for uranium, LdU, defined by:

LdU � � D

RdMsCs ⁄ Cf
�1⁄2

(12)

(DePaolo and Getty, 1996). The diffusive reaction length is a
measure of the relative magnitudes of the diffusive transport
term in comparison to the source-sink terms in Eqns. 1–4. If we
substitute the approximate values: DUO

2� � 50 cm2/yr (Li and
Gregory, 1974; Zheng et al., 2002b), Ms � 1, Cs/Cf � 3000,
and Rd � 10�6 yr�1; then we calculate LdU � 130 cm. This
result implies that diffusive communication between the ocean
and the pore fluid will be confined to a boundary layer extend-
ing below the sediment–water interface to a depth of �4–5 m
(�3LdU), and below that depth the pore fluid is essentially
isolated from the ocean for U isotopes. Below the boundary
layer, variations of 234U/238U in the pore fluid are smoothed by
diffusive transport in the fluid on length scales shorter than 130
cm. On a scale of a few meters, the 234U/238U of the pore fluid
behaves as if the sediment and pore fluid are a closed system.
The pore fluid isotopic composition therefore reflects mainly
the local rates of exchange between the fluid phase and the
solid phase, and fluid-phase diffusive transport can be ignored
with little loss of accuracy. This analysis is dependent some-
what on the actual value of the dissolution rate. If the dissolu-
tion rate constant, Rd, were much smaller than 10�6 yr�1, then
the diffusive reaction length would be longer. If Rd were 100
times smaller (LdU � 13 m), diffusion effects would be more
significant to the interpretation, especially in the upper half of
the core. In the uppermost part of the core, the value of Cs/Cf

is greater than 3000 (and as shown below, Rd 	 10�6 yr�1), so
in that region the reaction length is smaller than 3 cm.

The presence of adsorbed U on the solid phase does not
affect the calculation of the reaction length because the retar-
dation factor appears in the denominator of both terms in Eqn.
12. Adsorbed U will decrease the value of the ratio Cs/Cf by a
factor 1�(Ca/Cf ), but also decrease the effective diffusivity,
Du, by the same factor. Hence, the value of the reaction length
(Eqn. 12) is unaffected by adsorbed U.

The pore fluid also moves slowly by advection, either as a
result of lateral or vertical temperature variations, or simply due
to compaction of the sediment with depth. The importance of
advective transport of dissolved U can be assessed using the
advective reaction length for uranium, LaU:

LaU �
vf

RdMsCs ⁄ Cf

(13)

The vertical advection velocity of the pore fluid due to compaction
is approximately equal to the sedimentation rate (Berner, 1980).
At Site 984, the sedimentation rate is �15.4 cm/ka. Using this
value for vf , the calculated value for LaU is �8 cm. This means
that advecting pore water reequilibrates (with respect to uranium
isotopes) to reflect local conditions within �25 cm distance.
Hence, advection also can be ignored in considering the pore fluid

isotopic data presented here.
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The reaction length that applies to the U concentration in the
pore fluid is determined by the rates of adsorption onto and
desorption from mineral surfaces. The time scale for adsorp-
tion-desorption is short—in the range of hours to days, hence
the reaction rate constant for this process is of order 102 yr�1,
�108 times faster than the dissolution constant (Braithwaite et
al., 2000; Fuhrmann et al., 1997). The reaction length applica-
ble to U concentration in the pore fluid, calculated by substi-
tuting 102 yr�1 for Rd in Eqn. 6, is roughly 0.1 mm. This result
indicates that U concentrations in natural waters can be highly
variable, even on very short length scales. The pore water data
of Barnes and Cochran (1990) clearly show this, as the U
concentrations decrease by up to 5 times over distances of 1 to
5 cm below the sediment–water interface in reducing sedi-
ments. The data of Figure 3e, and data reported by Tricca et al.
(2000, 2001) and many others, confirm that extreme spatial
variability in U concentrations is common in natural waters.
Uranium concentrations in natural waters are mainly a reflec-
tion of local conditions affecting the distribution coefficient
that describes the partitioning of U between the adsorbed and
the dissolved phases.

4.3. Dissolution Rates in Deep-sea Sediments

4.3.1. Simplified Steady-State Zero-Transport Equations

Given the simplifications discussed above, the equations that
describe the uranium isotopic composition of pore fluid and
solids as a function of depth below the sediment–water inter-
face are:

Rf

�Af

�t
� RdMs

Cs

Cf

(As � Af) � (� � �')RfAf

� �'�Rf � f�Ms

Cs

Cf
� (14)

and for the bulk solids:

dAs

dt
� RpKs

Cf

Cs

(Af � As) � �'(As � (1 � f�)) (15)

These equations are written in terms of the activity ratio, where
Ai � ri /req, and req � �/�=, and incorporate the approximation
that ���= � ��=. Equation 14 can be further simplified for the
present purposes because the term containing f� is much larger
than Rf. The steady-state equation for the fluid phase is there-
fore:

0 � RdMs

Cs

Cf

(As � Af) � �'(f�Ms

Cs

Cf

� AfRf) (16)

Rearranging Eqn. 16 yields an expression for the isotopic ratio
of the fluid:

Af �
RdAs � �'f�

Rd � Rf�
'

Cf

MsCs

(17)

This expression can be simplified because R �=C / M C  R ,
f f s s d

so that the result is (cf. Tricca et al., 2001):
Af �
RdAs � �'f�

Rd

� As �
�'f�

Rd

(18)

The dissolution rate is therefore simply expressed in terms of
the measured activity ratios and the alpha recoil loss factor:

Rd �
f��'

Af � As

(19)

Equation 19 is the basis for our analysis of the in situ diagenetic
reaction rates. The reaction rate is then simply determined by
measurements of Af and As, and by the estimate of f�. The
largest uncertainty is likely to be in the estimate of f�, which we
discuss further below. Equation 19 gives an estimate for the
dissolution rate that is “instantaneous” and local. It is instan-
taneous in that it represents an average over a time interval of
a few thousand years, which is short in comparison to the age
of the sediments, and it is local in that it averages over only a
few meters of the sedimentary section.

It is useful to consider also the limiting case of Rd � 0, which
would correspond to zero solid-phase dissolution. The pore fluid
isotopic composition is then determined by preferential injection
of 234U due to alpha recoil and the radioactive decay of this 234U
in the combined pore fluid and adsorbed components. Using Eqn.
14, the steady-state value of pore fluid activity ratio in the absence
of solid-phase dissolution is given by:

Af � 1 � f�Ms

Cs

Cf � Ce

(20)

Assuming that Ce /Cf � 5 and Cs/Cf � 3000, for f� � 0.1 to 0.2
the expected pore fluid activity ratio is �50 to 100. The fact
that the observed values are �1.4 (Fig. 6) is a clear indication
of the substantial effect that solid-phase dissolution has on the
pore fluid.

4.3.2. Simplified Solid-Phase Equations

The fluid phase, because it contains such a small proportion
of the total U in the system, reaches a (quasi-) steady state
rapidly (on a time scale of a few thousand years as given by
Eqn. 11), and acquires an isotopic composition that depends on
that of the dissolving solid as described by Eqn. 15. The
solid-phase activity ratio, however, also changes with time
because of both radioactive decay and �-recoil ejection. The
time scale for both radioactive decay and alpha recoil ejection
is 1/�=, or �354 ka, much longer than the time required for the
fluid-phase isotopic composition to adjust. Hence, after a few
thousand years the fluid-phase isotopic composition reflects the
values of As, f�, and the local dissolution rate (Rd), and there-
after the value of As evolves on the slower time scale of 1/�=.
When the sediment is old enough, which in practical terms is
when the age is greater than about 3/�= (�1 million years), the
radioactive decay processes have reached steady state and the
isotopic composition of the solid phase no longer changes.

For the Site 984 sediments, the 234U/238U ratio of the bulk
solid phase evolves because of radioactive decay, �-recoil, and
precipitation of secondary minerals. The biogenic carbonate
component of the sediment is initially deposited with the sea-
water value of the 234U/238U activity ratio (�1.149). With time,

this ratio decays to 1.0 if there is no alpha recoil loss, or to 1 �
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f� if there is recoil loss. Concurrently, the fine-grained silicate
particulates, which are deposited with a 234U/238U activity ratio
�1.0, are preferentially losing 234U by recoil ejection, and
hence their 234U/238U activity ratio is evolving toward a steady
value of 1 � f�. The decay and recoil loss processes cause the
234U/238U ratio of the bulk solid to decrease with time. This
decrease is offset by the production of authigenic minerals,
which form with high 234U/238U inherited from the pore fluids.

The simplified equation describing the bulk solid-phase iso-
topic evolution is derived from Eqn. 15:

dAs

dt
� RpKs

Cf

Cs

(Af � As) � �'[As � (1 � f�)]. (21)

In the absence of precipitation of secondary minerals (Rp � 0), the
bulk solid-phase activity ratio will decay from its initial value at
the time of deposition, to 1 � f� over a period of �1 Myr. By
leaching the sediments with HCl, we expect to remove both
primary carbonate and virtually all secondary authigenic compo-
nents, and thereby recover solid material that behaves according to
Eqn. 21 with Rp � 0. This material can help us to estimate f�, and
also the initial value of As for the noncarbonate fraction.

4.4. Alpha Recoil Injection Factor: Geometric Model

Calculated dissolution rates (Eqn. 19) are proportional to the
parameter f�—the fraction of 238U radioactive decays that
result in injection of 234U into the pore fluid due to �-recoil of
the 234U progenitor, 234Th (t1/2 � 24.1 d). The value of f� for
an individual grain depends on surface to volume ratio of the
grain, and the recoil length of the 234Th atom in the grain
(Farley, 1996; Kigoshi, 1971). The latter has been estimated at
900 Å or 0.09 �m for zircon (Kigoshi, 1971). When corrected
for the difference in mean atomic weight (Ai) and density, using
the semiempirical range relationship (Krane, 1988, p. 194):

L1

L2

�
	2

	1
�A1

A2
�1⁄2

(22)

the Kigoshi result translates to a recoil length of 0.07 �m for
feldspar (	 � 2700 kg/m3).

The alpha recoil length is small in comparison to the mean
grain size of the Site 984A sediments, which based on the data
of Carter and Raymo (1999) is between 5 and 10 �m. Using the
model of spherical grains, the expression for f� is:

f� �
3L

2dp

(23)

where L is the �-recoil length (�m) and dp is the diameter of the
particle (�m). When applied to natural sediment, the model value
for f� depends not only on the mean grain size, but also on the
grain size distribution, which is commonly lognormal in natural
sediments. The smaller grain sizes (approximately �10 �m),
despite being a small fraction of the total mass of the sediment,
contribute substantially more recoiling 234U per unit mass than
larger grains. Thus, the calculated f� must be summed over all
grain size intervals. The f� value we calculate for the Site 984
sediments, using the published grain size distribution and the
spherical grain approximation, is approximately 0.029. Measured

surface areas of sediments and soils are typically much larger than
geometrical surface areas calculated assuming spherical grains
(Hodson, 1998; White, 1995; White et al., 1996). For disk-shaped
grains, with a diameter-to-thickness ratio of 10 to 20, which might
characterize sheet silicates, the calculated f� for Site 984 sediments
would be increased by a factor of 4 to 7; to values in range 0.12
to 0.20. Brantley and Mellott (2000) propose the following em-
pirical relationship between specific surface area (SSA) and mean
grain size (dp) for albite ground in the laboratory:

log SSA � 1.2 � log dp (24)

where SSA is in units of m2/g and dp is in units of �m. For
dp � 5 to 10 �m as for Site 984A sediments, the predicted
values of SSA are 1.6 to 3.2 m2/g. The f� value can be calcu-
lated from the specific surface area using the relation (Luo et
al., 2000):

f� � 0.25(SSA)	mL. (25)

Given a mineral density (	m) of 2.7 g/cm3, L � 0.07 �m, the
calculated f� values for Site 984 sediments are in the range of
0.075 to 0.15.

4.5. Measured Alpha Recoil Ejection Factors

The data obtained on HCl residues can also be used to
estimate the f� values. Sediment grains experience preferential
loss of 234U depending on their size, but there is insignificant
loss unless the grain diameter is sufficiently small (roughly silt
size; particle diameter less than 63 �m). When a small grain is
produced by erosion, it begins to preferentially leak 234U to its
environment, requiring several mean lives of 234U to reach the
steady-state value reflective of its size and fractional loss rate.
The 234U/238U activity ratio of the bulk grain is a function of
time since comminution (i.e., since being reduced to its current
size). For grains in sediment with a sedimentation age, ts, the
time since comminution is the sum of the sediment age (tsed)
and the time of soil residence plus transport from source area to
point of deposition (ttrans):

Ameas � (1 � f�) � [A� � (1 � f�)]e��'ttranse��'tsed (26)

where Ameas is the measured value in the sediment grain. For a
sedimentary sequence with known age and a constant grain size
distribution, when Ameas is plotted against exp(-�=tsed), the y
intercept gives 1 � f� for the bulk sediment.

Figure 7 shows Ameas for the insoluble residues plotted against
exp(-�tsed). The data plot along two separate trends with nearly
identical slopes but different y-intercepts. This is most likely due
to variations in the transport time of the sediment before deposi-
tion, coupled with slight variations in grain size. The lower trend
yields a value of 0.83 for 1 � f�, the upper trend a value of 0.89,
and initial 234U/238U activity ratios (for the zero-age sediment) of
0.89 and 0.96, respectively. Hence the data suggest a bi-modal
distribution with f� values of 0.17 and 0.11. The deduced f� values
are in good agreement with those estimated using the Brantley and
Mellott (2000) specific surface area formulation and the recoil

length of 0.07 �m (Fig. 8).
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4.6. Calculated Bulk Dissolution Rates

Bulk dissolution rates for the Site 984 sediments can be
calculated using the estimates of f� given above (Fig. 8) and the
measured activity ratios for the pore fluids and bulk solids. If
only the silicate fraction were dissolving, then the residue
values could be used instead of the bulk solid values. The
calculated dissolution rate constants (Rd values) are in the range
4 � 10�7 to 2 � 10�6 yr�1 (Fig. 9a). The Rd values generally
decrease from top to bottom in the core from �10�6 yr�1 at 10
to 15 m depth, to �4 to 8 � 10�7 yr�1 in the bottom third of
the core. This decrease in Rd correlates with an increase in
sediment age from 60–80 ka to 250–450 ka.

In Figure 9b, the bulk dissolution rate constants are con-
verted to a surface-area normalized mineral dissolution rate
constant (kd, mol/m2/s) assuming that 50% of the non-CaCO3

fraction is plagioclase with an average molecular weight of
270 g/mol. The rates are plotted as function of depth for a range
of f� values from 0.075 to 0.17 and a range of surface areas.

4.7. Constraints on Rates of CaCO3 Recrystallization

The U isotopic data for the NaOAc leachates reflect a mix-
ture of U contained in primary marine calcite, and U precipi-
tated from the pore water. As the sediment ages, the primary
marine calcite is slowly replaced by calcite in isotopic equilib-
rium with the pore fluid. Because the amount of primary marine
calcite deposited initially has varied over time as a function of
both climate and the rates of other concurrent diagenetic reac-
tions (i.e., sulfate reduction and anaerobic respiration), it is
difficult to quantitatively estimate the rates of recrystallization
for calcite based on the U isotopic data alone. However, a
simple approximation can be made based on the time scale for
complete replacement of the marine calcite by pore water–
derived calcite. From Figure 5, the calcite reaches isotopic
equilibrium with the pore fluid by a depth of �56 m, or
480,000 yr. This corresponds to a bulk recrystallization rate of
10�6 yr�1, only slightly more rapid than the bulk dissolution

Fig. 7. Measured 234U/238U activity ratios for the HCl residues plotted
as a function of sedimentation age. Lines represent age corrections show-
ing approximate 234U/238U activity ratio upon deposition (t � 0), and the
value of 1 � f�, which can be read at t � 
 or exp(-�=tsed) � 0.
rates for the silicate fraction.
4.8. Comparison With Other Estimates of Weathering
and Recrystallization Rates

Most of the available data on silicate reaction rates comes
from laboratory experiments or studies of soils (Blum and
Stillings, 1995; Blum, 1997; Lasaga, 1980; Taylor and Blum,
1995; White and Blum, 1995; White et al., 1996). There are
very few data available on weathering rates in groundwater
systems, and few estimates for recrystallization rates in deep-
sea sediments. Richter and Liang (1993) used Sr isotopic data
for pore fluids to estimate the recrystallization rates of deep-sea
carbonate sections. A summary of the results is shown as
Figure 10, which corresponds to Figure 4 of Richter and Liang
(1993). Incorporating pore fluid and solid-phase 87Sr/86Sr data
into a one-dimensional reactive transport model, they estimated
that typical carbonate recrystallization time constants (i.e., so-
lution-precipitation rates) are in the range 10�7 to 10�8 yr�1

for sediments of “zero” age. Most importantly, the rates de-
crease systematically with age to values of 5 � 10�9 to 5
�10�10 yr�1 for sediments older than �20 million years.

The calculated dissolution rate constants for the Site 984A
sediments, for both bulk sediment and carbonate, are between
2 � 10�6 and 4 � 10�7 yr�1. This range of rates is �1 order
of magnitude higher than the rates inferred from Sr isotopes by
Richter and Liang (1993) for sediments of comparable age.
This result is surprising because calcite dissolution rates are
commonly faster than silicate dissolution rates. The difference
between the two results may be due to the lower sensitivity of
the Sr isotope approach applied to young sediments with rela-
tively low sedimentation rates. The difference in sensitivity
stems from the difference in the size of the reaction length
applicable to U isotopes as opposed to Sr isotopes. For Sr, in

Fig. 8. Calculated and measured alpha recoil loss factors. Dashed
line is the spherical model from Eqn. 24, gray line is the model for plate

geometry, and black line is the alpha recoil loss calculated from the
surface area model of Brantley and Mellott (2000) and Eqn. 25.
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shallowly buried sediment, Cs /Cf is �40 (it can vary from 150
to 15), as opposed to Cs/Cf for U, which is almost 10,000 in the
upper 20 m of the Site 984A core. The diffusion coefficient for
Sr2� is also about twice that for UO2

�2 (Li and Gregory, 1974).
Consequently, the reaction length for Sr isotopes is �25 m,
which is 20 times larger than the reaction length for U isotopes.
This Sr reaction length implies that the fluid-phase Sr isotopic
value is an average of the solid–fluid exchange rates over a
vertical distance of 75 m or more in the sediment column. The
typical sedimentation rate in the carbonate deep-sea cores is
�10–20 m per million years. Hence the Sr isotope signal from
sediments in the upper 3 to 6 m of the section, corresponding
to ages 0–350 ka, is smoothed by diffusive exchange encom-
passing the ocean water above and underlying sediments as old
as several million years, which have lower recrystallization

Fig. 9. (a) Calculated dissolution rate constants for 984
Eqn. 19 using the bulk solid values for As, for two diff
represents the smallest likely value of f� for the typical av
the f� values inferred from Figure 7, and gives our best esti
dissolution rates for Site 984 sediments. These values are
and that 50% of the sediment is plagioclase. The different
recoil loss factor, f�. The curves using f� values inferred fr
(See text for discussion of surface area calculations).
rates. The peak recrystallization rates applicable to the upper
few meters of the sediment column are not accurately reflected
in the Sr isotope data. The Site 984A section gives a more
accurate characterization of the young sediments both because
of the small reaction length for U, and because the sedimenta-
tion rate is much higher.

In Figure 11, the Site 984A data are compared to weathering
rate estimates from soils (Taylor and Blum, 1995; White, 1995;
White et al., 1996), to the laboratory experiments of Davis et al.
(1987) regarding the solution-precipitation rate of pure calcium
carbonate in a seawater-like solution, and to the review of Blum
and Stillings (1995) on the dissolution rate of plagioclase
feldspar in water.

The soil data shown in Figure 11 are calculated bulk rates
based on individual mineral data, but the bulk rates are very
close to the plagioclase feldspar rates. The weathering rates

nts as a function of depth. The rates are calculated from
ssumptions regarding f�. The curve labeled f� � 0.075
rain size of the Site 984 sediments. The other curve uses
the dissolution rate constants. (b) Surface area normalized
ed assuming that dissolution is dominated by plagioclase,
epresent different estimates for surface area and the alpha
HCl residue measurements (Fig. 7) are the best estimates.
sedime
erent a
erage g

mate of
calculat
curves r
shown involve some assumptions. The raw data consist of the
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fraction of the original mineral phase or chemical element
remaining in soils of different ages. Given the apparent age
dependence of the weathering rates, to estimate the present rate
of weathering one must assume a particular mathematical form
of the age dependence, then interpret the data in terms of the
integrated value of the weathering rate over the life of the soil.
We assume the functional form of the weathering rate to be:

R(t) � R(t0)� t0

t � (27)

where t0 is a reference age and t is the age of soil. For the White
et al. (1996) and White et al. (2001) studies, the reference age
is taken to be 130 ka, and for the Taylor and Blum (1995) study
the reference age is taken to be 10.9 ka. For the latter, the rates
shown for the soils with ages �10.9 ka are just the average
rates over the life of the soils. For soils older than 10.9 ka (and
for the soils from the White et al. (1996) study with ages greater
than 130 ka), the present-day rates are deduced from the aver-
age rates assuming that Eqn. 27 applies.

Figure 11 shows a systematic dependence of weathering
rate (dissolution rate or recrystallization rate) on the age of
the material, which covers a range in age for natural samples
of 5 orders of magnitude, and a range in rates of �5 to 6

Fig. 10. Comparison of the Site 984A bulk dissolution rate estimates
with the dissolution rate (� precipitation rate) estimates of Richter and
Liang (1993). It is postulated that the discrepancy between the two data
sets for ca. 105-year-old samples is due to the insensitivity of the Sr
system to high dissolution rates confined to the upper few meters of the
sediment column.
orders of magnitude. The dependence of weathering rate on
the age of soils has been noted previously (Hodson and
Langan, 1999; Taylor and Blum, 1995; White, 1995; White
et al., 1996; White and Brantley, 2003; White et al., 2001).
The data plotted in Figure 11 extend the range of ages and
rates, and suggest a rather surprising uniformity that in-
cludes soils and deep-sea sediments consisting of both car-
bonate and silicilastic detritus.

The rates displayed in Figure 11 are interesting also
because they are constructed using different approaches. The
rates determined from soils are based on the volumetric
losses of minerals due to dissolution. Although we have
converted the data to effective modern in situ rates, the
original data represent averages over thousands or even
millions of years. For deep-sea sediments, the results of
Richter and Liang (1993) are modern in situ values, as are
the rates that we calculate with U isotopes. Soils also differ
from deep-sea sediments in that soil saturation, temperature,
and water chemistry can change daily, seasonally, and be-
cause of climate changes, whereas deep-sea sediments are
always saturated with seawater-like pore fluid at very slowly
varying temperature.

4.9. Implications of Measured Natural Dissolution Rates

Three aspects of Figure 11 are potentially important. One is
that the natural rates are in general much lower than laboratory
rates, with the exception of the youngest soils. A second is that
the rates tend to decrease systematically with age. The third
implication is that net dissolution rates for deep-sea sediments
never reach zero; even after sediments have been saturated in
seawater for tens of millions of years, they are still actively
exchanging with the pore fluid. The discussion we provide here
is qualitative, but more detailed quantitative analysis of the
results is underway.

There has been much discussion in the literature regarding
the discrepancies between laboratory and natural rate con-
stants. Blum and Stillings (1995) note that experimental
studies typically use freshly ground mineral material, which
may have extremely fine grains adhering to the freshly
exposed mineral surfaces. With time, the finest grains dis-
solve away and the surfaces of minerals become armored
with secondary precipitates close to equilibrium with the
fluid phase. Hochella and Banfield (1995) also present an
extended discussion of the mechanisms that may contribute
to the general observation that field-based estimates of
weathering rates are much lower than laboratory estimates.
They mention the density of surface dislocations that pro-
mote dissolution, which can change with time and saturation
state, the difference between internal surfaces and external
surfaces of weathering materials, the properties of water in
confined spaces, diffusion limitations in poorly connected
void spaces, and others. For sediments, grains with the
smallest diameter, and hence the largest surface/volume
ratio, dissolve first. The larger average grain size then results
in slower reaction (White et al., 1996). Lasaga and Luttge
(2001) present a thermodynamic model describing the non-
linear variation in the dissolution rates as equilibrium is
approached as a function of the step-wave velocity. The
dissolution “stepwave model” quantifies previous observa-

tions that reaction rates become highly nonlinear beyond a
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critical undersaturation as a result of the energetics of dis-
location defects. These physical and chemical mechanisms
provide a thorough rationale for the difference between
laboratory and field based estimates of dissolution rates.
However, assuming that the soils presented in Figure 11
represent systems close to equilibrium, each of these effects
individually can account for differences of only 1 to 2 orders

Fig. 11. A broad comparison of dissolution rates for de
weathering rates measured for soil chronosequences (Wh
measurements of dissolution rates for carbonate (Davis et al
The data from soils are converted using the appropriate para
27 when appropriate (see text). For the White et al. (1996, 20
surface areas, and a molecular weight of 270 g/mol. The Ca
The albite dissolution rates measured by Burch et al. (1993
(g/g/yr) using the corresponding BET surface areas and a m
the Burch et al. (1993) samples represent runs conducted at
of the laboratory albite data are within the dissolution rate pla
dissolution rates than natural studies. The “ages” plotted
experiments. The dashed line represents the power function
best-fit approximation to all natural data (Rd � 0.1 Age�1). T
to a bulk dissolution rate assuming a surface area of 1 m2/g
of magnitude in dissolution rate for a specific saturation, and
therefore cannot entirely account for the range of observed
values.

The empirical age dependence of dissolution rates is potentially
useful, insofar as the calculation of reaction rates in natural sys-
tems from first principles is fraught with uncertainty. The standard
parameterization of reaction rates, in terms of a departure from
equilibrium, is determined from the difference between the reac-

sediments from this study and Richter and Liang (1993),
l., 1996, 2001; Taylor and Blum, 1995), and laboratory
and albite (Burch et al., 1993; Knauss and Wolery, 1986).
s listed in the original study, and the age correction of Eqn.
Kim (2002) data, the values were converted using the BET

a are for calcite recrystallization under saturated conditions.
nauss and Wolery (1986) are converted to dissolution rates
weight of 270 g/mol. Both data sets are for 25°C. Three of

to equilibrium” (i.e., �Gr 	 �0.5 kcal/mol); the remainder
en laboratory studies at close to equilibrium result in higher
experiments represent the approximate duration(s) of the
ed by White and Brantley (2003), and the dotted line is the

er function given by White and Brantley (2003) is converted
lecular weight of 270 g/mol.
ep-sea
ite et a
., 1987)
meters a
01) and
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what is normally called the proportion of “reactive surface area,”
or RSA (Lasaga, 1998; Lasaga et al., 1994).

Rate � RSA · kd · exp ��Ea

RT ��1 �
Q

K� (28)

RSA is almost impossible to determine precisely, and appar-
ently can differ from the actual surface area by many orders of
magnitude (Hodson, 1998; Jeschke and Dreybrodt, 2002; Rufe
and Hochella, 1999). As the system approaches equilibrium, it
becomes difficult to measure differences between Q and K
when the difference is smaller than a few percent of the value.
Even at the level of a few percent, the difference is highly
uncertain because of issues in determining the activity coeffi-
cients (or partial molar free energies) of the reactants—the
associated uncertainty in measuring the value of Q is com-
monly on the order of �10% at low saturations. For natural
systems, kinetic theory is of minimal use in predicting the
actual rates of “close-to-equilibrium” natural reactions from
measurable thermodynamic parameters. In addition, most of
the proposed kinetic theories completely fail to describe the
few experiments conducted at low undersaturation (Burch et
al., 1993; Nagy et al., 1991). The few experiments conducted at
low solution saturation suggest that the predominant mecha-
nism for dissolution changes as the system approaches equilib-
rium, therefore transition state theory or similar formulations
cannot describe dissolution kinetics over the complete range of
saturation states of natural systems (Fig. 8, Burch et al., 1993;
Lasaga et al., 1994; Nagy and Lasaga, 1992).

Equation 28 predicts that at small undersaturations, the dis-
solution rate is proportional to �Gr/RT. Reaction rates of order
10�8 to 10�9 yr�1 can be produced theoretically by departures
from equilibrium in the range of 10�3 to 10�5 cal/mole. At this
level, other energy sources may come into play. A reaction that
has a free energy change of 10 kcal/mol that is proceeding at a
rate of 10�8 to 10�9 mol/yr, is using or producing energy at the
rate of �10�9 to 10�10 W/mol. Radioactive decay of U, Th,
and K in natural minerals produces about this much energy;
which goes into modifying the crystal lattice as well as chang-
ing slightly the chemical composition of the mineral. Even if
the mineral is nominally at equilibrium with its surroundings,
the natural radioactivity is producing chemically unstable do-
mains in minerals at all times. Hence, natural radioactivity
could help fuel the continued recrystallization of minerals at the
low levels measured for old deep-sea sediments.

The apparently systematic decrease in the dissolution rates
with age could have a simple explanation, but the primary
determinant remains unknown. It is not unreasonable to pro-
pose that soils and sediments should tend to evolve toward a
less reactive state. With time, the least stable components
should dissolve to be replaced with more stable ones. The
surfaces of grains may accumulate coatings that make them less
reactive, and the weathering solutions may approach equilib-
rium with respect to the minerals. In addition, with regard to
soils, there may be a trivial limit to the measured rates. If one
is measuring reaction rate by the disappearance of a mineral,
one cannot measure a rate that is much faster than the recip-
rocal of the age of the material. Hence it will be a requirement
that any dissolution rate measured in this fashion be limited by

age. However, there is no requirement that young soils weather
faster than old soils, only that old soils must be weathering
slowly. In contrast, the measurements of in situ sediment dis-
solution rates are not limited by age. Carbonate sediments
dissolve, but secondary carbonate is precipitated in its place,
and the total amount of carbonate changes very little. This is
also the case with silicate sediments.

Figure 11 suggests that in a variety of natural circumstances the
dissolution rate is mainly a function of the age of the material that
is dissolving. Age in this context is the time since the beginning of
soil development, or the time since sediment deposition. The
typical value for the reaction rate is approximately Rd �
0.1Age�1. Deviations from this value of up to a factor of 10 may
characterize individual major minerals, as suggested by the soil
data of White et al. (1996). Nevertheless, this empirical “law” may
provide a good approximation to the natural rates, and is likely to
be much more accurate than an estimate based on kinetic theory.
The empirical relation also requires much less characterization of
the natural materials to arrive at a rate estimate.

5. CONCLUSIONS

The results from this study demonstrate that U isotopes in
pore fluid can be useful for estimating the in situ (and geolog-
ically “instantaneous”) dissolution rates of silicates and carbon-
ates. The advantages of U isotopes for estimating dissolution
rates are that the solid phase tends to have a 234U/238U activity
ratio close to unity independent of lithology, and that the low
concentration of U in most natural waters results in a small
value of the U isotopic reaction length and hence high spatial
resolution. Both the average value and the spatial variability of
dissolution rates can be evaluated with U isotope studies.

The results from this study provide a link between the
dissolution rate estimates based on Sr isotopes in deep-sea
carbonate sections (Richter and DePaolo, 1987, 1988; Richter
and Liang, 1993) and those determined for soil chronose-
quences (Taylor and Blum, 1995; White et al., 1996; White et
al., 2001). The existing data now show clearly that there is a
strong dependence of weathering rate or dissolution rate on the
“age” of the material being weathered, where “age” corre-
sponds to the length of time the material has been in the
weathering environment. Although age dependence has been
noted previously, and various models for its origin have been
advanced, it is not clear that any of the proposed models can
account for the observed range in rates of a factor of 107 or 108

(Fig. 11). The age–dissolution rate correlation holds for deep-
sea sediments that are saturated and not exposed to air, as well
as for soils that are typically unsaturated and exposed to air.

The available data on the natural mineral dissolution rates in
natural waters at earth surface conditions, and with close-to-
neutral pH, suggest that the dissolution rate will be close to
0.1Age�1. The dependence on solution chemistry and mineral
chemistry appears to be secondary, and to first-order unimportant.
This result requires further validation, but may be useful for many
types of reactive transport modeling of natural systems where
order-of-magnitude estimates of rates are needed, and it is difficult
to accurately predict dissolution rates from theory. The results also
indicate that sediments and their pore waters continue to react

indefinitely (	108 yr) at slow but nonzero rates.
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