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Abstract. A new, Earth System Model of Intermediate Complexity, DCESS 11, is presented that builds upon, improves and
extends the Danish Center for Earth System Science (DCESS) Earth System model (DCESS 1). DCESS |1 has considerably
greater spatial resolution than DCESS | while retaining the fine, 100 m vertical resolution in the ocean. It contains modules
for the atmosphere, ocean, ocean sediment, land biosphere and lithosphere and is designed to deal with global change
simulations on scales of years to millions of years while using limited computational resources. Tracers of the atmospheric
module are temperature, nitrous oxide, methane (1213C isotopes), carbon dioxide (121314C isotopes) and atmospheric oxygen.
For the ocean module, tracers are conservative temperature, absolute salinity, water 180, phosphate, dissolved inorganic carbon
(t21314C isotopes), alkalinity and dissolved oxygen. Furthermore, the ocean module considers simplified dynamicalschemes
for large-scale meridional circulation and sea-ice dynamics, stratification-dependent vertical diffusion, a gravity current
approach to the formation of Antarctic Bottom Water and improvements in ocean biogeochemistry. DCESS Il has two
hemispheres with six zonal-averaged atmospheric boxes and twelve ocean boxes distributed across the Indian-Pacific, the
Atlantic, the Arctic and the Southern Oceans. A new, extended land biosphere scheme is implemented that considers three
different vegetation types whereby net primary production depends on sunlight and atmospheric carbon dioxide. The ocean
sediment and lithosphere model formulations are adopted from DCESS | but now applied to the multiple ocean and land

regions of the new model.

A model calibration was carried out for the pre-industrial climate and model steady-state solutions were compared against
available modern-day observations. For the most part, calibration results agree well with observed data, included excellent
agreement with ocean carbon species. This servesto demonstrate model utility for dealing with the globalcarbon cycle. Finally,
two idealized experiments were carried out in order to explore model performance. First, we forced the model by varying
Ekman transport out of the model Southern Ocean, mimicking the effect of Southern Hemisphere westerly wind variations
and second, we imposed freshwater melting pulses from the Antarctic ice sheet on to the model Southern Ocean shelf. Changes

in ocean circulation and in the global carbon cycle found in these experimentsare reasonable and agree with results for much
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more complex models. Thus, we find DCESS 11 to be a useful and computational-friendly toolfor simulations of past climates

aswell as for future Earth System projections.

1 Introduction

The carbon cycle is the backbone of the Earth’s climate system since acts as a main regulator of global mean atmospheric
temperature via atmospheric concentration of carbon dioxide (pCO2). This cycle may be considered to be composed of two
domains. One domain is a fast one with large exchange fluxes and relatively “rapid” reservoir turnovers (from years to
thousandsof years). This domain encompasses carbon in the atmosphere, ocean, superficial (bioturbated) ocean sedimentsand
onland in vegetation, soil and freshwater. A second, slower domain (from hundreds of thousandsto millions of years) consists
of huge carbon stores in rocks and sediments thatexchange carbon with the fastdomain through volcanic emissions of CO2,
chemical weathering, erosion and sediment formation on the sea floor. How this carbon is partitioned between the different

Earth’s reservoirs is what sets the pCOz in the atmosphere.

Earth system models (ESM) include one or both of these domains. They are thereby useful tools that can help us gain
understanding of past climates as well as make future climate projections. Depending on their complexity and spatial
resolution, ESMs can take days, weeks or even monthsto run model simulationson the range of time scales mentioned above
while using large computationalresources. The Danish Center for Earth System Science (DCESS) model (DCESS 1, Shaffer
etal., 2008)is a low-order ESM with a simple geometry and ocean physics thatdeals with both domains of the global-scale
carbon cycle and is thereby suitable forinvestigating Earth System changeson scales of yearsto millions of years while taking
only minutes to daysto run. The DCESS | model hasproven to be useful tool in such studies as documented by many stand-
alone or intercomparison study publications (e.g. Eby et al., 2013; Harperet al., 2020; Joos et al., 2013; Macdougall et al.,
2020; Shaffer, 2010; Shaffer and Lambert, 2018; Shaffer et al., 2009; Zickfeld et al., 2013). Here we present a new, Earth
System Model, DCESS 11, that contains great improvements in model geometry and physical/biogeochemical processes while
retaining the simplicity and the spirit of the DCESS | model. Thus, DCESS 11 is a simple, fast and highly flexible ESM of
intermediate complexity well suited to run long-term experiments in a relatively simple way with no need for large

computational resources.

This paperis organized as follows: in Sect. 2 we describe the modules of atmosphere, ocean, ocean sediment, land biosphere
and lithosphere. In Sect. 3, we present the model solution and calibration procedure and show results for the model steady
state, pre-industrial simulation. In addition, we carry out two idealized experiments in order to explore and test model

performance. Finally in Sect. 4 we discuss our results, outline future perspectives and present conclusions.
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2 Model description

DCESS Il is an intermediate complexity Earth System model containing atmosphere, ocean, land biosphere, lithosphere, and
ocean sediment modules designed to deal with global climate simulations on scales of years to millions of years. It is an
enhancementand extension of the original DCESS | model (Shafferet al., 2008) and includes, for example, much improved
horizontal resolution, simplified ocean dynamics and seasonal cycles. Model geometry consists of two hemispheres with a
land/ocean area distribution and ocean depth distribution as shown in Fig. 1.
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Figure 1. (a) Pre-industrial model land continental distribution and meridional boundaries of ocean boxes (dashed lines). There are twelve
ocean boxes with their respective identifiers: Arc: Arctic Ocean, SOc: Southern Ocean, hn: high north, mn: mid north and en: equatorial
north for Atlantic (A) and Indian-Pacific (P) Ocean. Box names in the Southern Hemisphere follow the same convention. High latitude North
Pacific sector (hnP) and the Arctic Ocean are connected through the Bering Strait. Land south of 70° S is fully ice covered. Meridional sea-
ice and snowline extents vary freely. (b) Observed present-day ocean area fraction profile of each ocean model box calculated from Amante
and Eakins (2009).

90° S

The atmospheric module considers three zonally averaged boxes perhemisphere aslow, mid, and high latitude sectors divided
at35° (¢p35) and 55° (¢pss) North/South latitudes (Fig. 2a). In the ocean module we include an extra division at65° N which
allows us to consider four global ocean basins (Atlantic, Indian-Pacific, Arctic, and Southern Ocean; for simplicity, hereafter
Indian-Pacific Ocean will be called only Pacific Ocean). The Southern Ocean is 360° wide and extends up to 69° S where it
interacts with an ocean shelf extendingto 70°S. Inall there are 12 ocean sectors (compared toonly 2 in DCESS 1). Each ocean
sector is divided into 55 vertical layers with 100 m vertical resolution reaching 5500 m depth. An ocean sediment segment is
assigned to each of the layers (Fig. 2b). For each sector, ocean layerand ocean sedimentareasare determined from observed
ocean depth distributions (Fig. 1b).
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Figure 2. (a) Ocean-atmosphere cross-section view depicting meridional distributions of ocean and atmospheric boxes. There are six zonal-
averaged atmospheric boxes and twelve ocean boxes (see also Fig. 1a). The shaded vertical bar at 55° S extending from the surface to 2000
m depth is a virtual barrier against meridional geostrophic flow above the Drake Passage sill depth. The vertical barrier at 65° N extending
from the bottom up to 1000 m depth is a physical barrier associated with Denmark Strait bathymetry. (b) Sketch of an idealized vertical area
profile for an ocean box (the actual profile for each box is based on bathymetry observations; see Fig. 1b). Also shown is an idealized
sediment segment contained in a 100 m thick box layer (the area of each specific segment is again based on bathymetric observations). The
bioturbated layer (BL) is assumed to be 10 cm thick and is divided into seven sublayers as shown.

The land biosphere module considers three different types of vegetation per hemisphere whose latitudinal limits varying

dynamically according to climate conditions. All model modules are described in detail in the following sections.

2.1 Atmosphere exchange, heat balance and ice/snow extent

We use a simple, zonally integrated energy balance model for the near surface atmospheric temperature, T, (°C), forced by
seasonally varying insolation, air-sea exchange,and meridional heat transport. In combination with simple sea ice and snow

parameterizations, the modelincludes the ice-snow albedo feedback and the insulating effect of sea ice. Prognostic equations

for mean T, in the 0°-35°, 35°-55° and 55°-90° zones (T,*™") are obtained by integrating the surface energy balance over the

zZones as,
AdT(lz'm'h _ 2 fzn' f¢35v¢55.71'/2(Fma _ FT) (]’)d(]ﬁd{ + pmerid (1)
at 0 -0,¢35¢s5 cos -

where A = A" p, C,b™", with AY™" the atmospheric box areas, p, the reference density of water, C,, is the specific heat

capacity and b*™" are the thicknesses chosen to yield observed seasonal cycles of T»™" (partially based on Olsen et al.,
(2005)), r, ¢ and € are the Earth’sradius, latitude and longitude respectively. Furthermore, F°* and FT are the vertical fluxes

of heat through the top of atmosphere and the ocean surface, while F™"id correspond to the loss (equatorward box) or gain
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(poleward box) of heat due to meridional transport across ¢ 55 or ¢ss. A no flux boundary condition has been applied at the

poles. Meridional variations of T, in the model are represented by a fourth-order Legendre polynomial in sine of latitude,

where coefficients T, T, and T, are determined by matchingthe area-weighted, zone mean values of T, (¢) to the prognostic
mean sector values of T™" in each hemisphere. Observations show that eddy heat fluxes in the mid-latitude atmosphere are
much greater than advective heat fluxesthere (Oort and Peixoto, 1983). By neglecting the advective heat fluxes, Wang et al.,
(1999) developed suitable expressions for F™¢'d and the associated moisture flux, E™"9, in termsof T, and aT,/ d ¢ at ¢ (for

clarity we omit the index referencing low-mid and mid-high latitude boundaries, ¢35 and ¢« respectively),

Frend = _[K, + L,K, exp (—5420T;D)]10T,/ 91"~ T,/ 0 ¢ ©)
Emerid = — K exp(—5420T,1) 10T,/ dp|™ 1 9T,/ 0¢p “

where K, is a sensible heat exchange coefficient, K, is a latent heat exchange coefficient and L, is the latent heat of
condensation (2.25x10°Jm-3). From observations, m is found to vary with latitude (Stone and Miller, 1980) and on this basis
we takem to be 2.5 and 1.7 at ¢35 and ¢ respectively. The temperaturesand temperature gradientsentering in Egs. (3)-(4)
above are obtained from Eq. (2). The poleward freshwater flux crossing a latitude ¢ is evaporated from an equatorward ocean
box and drainsinto the respective poleward Atlantic, Pacific, Arctic or Southern Ocean basin/box in accordance with observed
land catchment areas (Rodriguez et al., 2011). In this way, each ocean box receives a net freshwater flux from precipitation
minus evaporation. The Arctic Ocean is an exception to thisin asmuch asa fraction of E™"id crossing 55° N also drains there,
emulating large northward flowing rivers in Canadaand Siberia. Furthermore, an atmospheric zonaltransport of freshwater of
0.15 Sv (1 Sv = 105m3s1) is prescribed from the tropical North Atlantic sector to the tropical North Pacific sector, emulating
the effects of trade winds there (Dey and D86s, 2020; Lohmann and Lorenz, 2000). All these fluxes force respective ocean

sectors (see Sect. 2.3).

Based on a calibration procedure that makes use of monthly observed atmospheric temperature, we derived the following

expression for interhemispheric heat transport at the equator,

a,Pl

—— _1
Fel = K;0T, /¢ + 1.1+ [K;"L, 0T,/ 8¢ — 1.1] exp [—5420(7"5" -1 )] (5)
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where K;? and K;* are sensible and latent heat coefficients and 727 and 777, are the model and observed pre-industrial

atmospheric mean temperature at the equator. Forthe T;q calculation, Eq. (2) is used and evaluatedat 0° latitude for Northern
and Southern Hemispheres. The heat flux atthe top of the atmosphere istaken as the balance between shortwave and longwave

radiation as follows,
F* =(1 - a)Q — (4 + BT,) 6)

where a is the planetary albedo, equalto 0.62 for ice and snow-covered areasand equal to a, — o, (3 sin? ¢ — 1) otherwise.
This formulation includes the effect of mean cloud coverand lower solar inclination at higher latitudes (Hartmann, 2016), and
Q is theorbital, seasonal,and latitudinal (and if needed, paleo-time)-varying short-wave radiation (Berger and Loutre, 1991).
Thealbedo of non-snow/ice-covered areas varies with vegetation type since forested areas have loweralbedo than non-forested
areas (Bonan, 2008). We adoptthe approach in Eichinger et al., (2017) thatinclude this effect by relating the a, factortothe
vegetationtypesuchasa, = 0.3 —y (1 — f(8T,)/f,) where the factor0.3 is the present-day value of a,,and y is a multiplier
equalto 0.02. f(§T,) is the ratio between the area of Grasslands/Savanna/Deserts zone and the total non-snow/ice covered

area asa function of 073, the deviation of atmospheric temperature from the present-day value (f; is the ratio at 6T, = 0; see

Sect. 2.5 for details about vegetation zones). Finally, a2 is equal to 0.0875.

The second term on the right-hand side of Eq. (6) is the outgoing longwave radiation (Budyko, 1969), whereby A and BT, are
the fluxat T, = 0 and the deviation from this flux respectively. This simple formulation includes implicitly the radiative effects
of changes in cloud cover and in atmospheric water vapor content. Greenhouse gas forcing is modelled by taking A to depend
on deviations of (prognostic) atmospheric partial pressures of carbon dioxide, methane, and nitrous oxide (pCO2, pCH4 and

pN20) from their pre-industrial values (P1), such that
A= Ap — (Acoz + Acy, + ANZO) ()

where expressions for Agq,, Acy, and Ay, o, as taken from Byrne and Goldblatt (2014), are well suited for low and high
atmospheric greenhouse gas concentrations. Our pre-industrial baseline values of pCOzpi, pCHap1and pN2Op; are 280, 0.72
and0.27 patm respectively. For simplicity and forthe consideration of possible paleo-applications, we take constant values of
Ap; and B for all atmospheric boxes (see Table 1). For each ocean sector, air-sea heat exchange is calculated according to
Haney (1971) as,

FT =L, -MT7 -T,) ®)
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where L, is the direct (solar) heating of the ocean surface layer, taken to be 40, 20, and 0 W m-2for the low, mid and high

latitude sectors respectively, A is a constant bulk transfer coefficient, as a good approximation taken to be 30 W m-2 °C-1 but

set to zero for areascovered by sea ice (Haney, 1971), Taif is the ice-free mean atmospheric temperature for each sector, and

T, is the zone mean, ocean surface temperature of each ocean box.

Table 1. Atmosphere module parameters.

Parameter Symbol Value

Sensible heat exchange coefficient Ki (Peq/ Dim/ $mn)  2.40%x10%5/4.21x10%1/3.30x1012 J s °C25
Latent heat exchange coefficient Ky (Peq/Pum/ Pmn)  -7-11x10°/1.56x1019/2.29x10M" m3s1 °C-25
Pre-industrial, zero-degree, longwave radiation  Ap 206.58 W m2

Temperature sensitivity of longwave radiation B 221Wm2e°Ct

Inverse timescale forsea-ice advanceand retreat T 3x102¢s1

Ice-water heat exchange coefficient Ko 150 Wm-2°C!

2.1.1 Sea ice and snow cover

Sea ice playsa pivotalrole in the Earth’s climate system, influencing radiative balance and thus globalatmospheric temperature
through its impact on surface albedo and air-sea heat exchange processes. For the sea ice cover, we take the same simple
dynamicalformulation asin Olsen etal., (2005) for the seasonal, equatorward sea ice extent. This formulation takes advantage
of the meridional profile of T, and assumesthat: a) sea ice advance is proportional to the inverse timescale of cooling (t%4¥)
of the ocean mixed layer to the freezing temperature (7;) by heatloss to the atmosphere and b) that the retreat is taken to be

proportional to the inverse timescale of melting (t7¢*) of a seasonal sea ice cover. These inverse timescales are expressed as

gedv — A Ta(9)-To ©)
PoCpdy To-Tf
ki

et — %[Ta((pi) ~T;) +6% [T, — ;] (10)

where d,, is the mixed layer depth (100 m), T, (¢,) is the atmospheric temperature at the sea ice edge, T, is the ocean surface
temperature, k;, §;, p;, L; and x, are the thermalconductivity of ice (2.0 W m-2°C-1), the sea ice thickness (2 m), the density
of ice (917 kg m-3), the latent heat of fusion of ice (3.34x10% J kg!) and the heat transfer coefficient between ice and water
(150 W m™ °C™'; Bendtsen, 2002) respectively. Thus, changes in sea ice line position are determined individually for the
Arctic/Northern Atlantic, Northern Pacific and Southern Ocean as,
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% = —T(gadv _ gret) (11)

where T'is a free parameter that together with k, has been chosen to match the observed seasonal amplitude and the annual
mean position of sea ice cover respectively. Land areas are covered by snow where T,(¢) <0 °C and taken to respond
instantaneously to atmospheric temperature changes. Furthermore, present-day Northern Hemisphere ice sheetsare prescribed
asa constantarea with ice albedo throughout the year independent of snow line position. All of Antarctica is covered by ice

in the model.

2.2 Atmospheric chemistry and air-sea gas exchange

For each atmospheric box we consider partial pressures of 1213.14C0Oy, 1213CHa4, N2O and O2. The prognostic equation for the

partial pressure of a gas x is taken to be

0 = LT w00 + w00 + %] (12)

where v, is anatmospheric mole vqume,A:f an ice-free ocean surface area, W is an air-sea gasexchange flux, ¥, are sources
or sinks within the atmosphere or net transports to or from the atmosphere via weathering, volcanism, interaction with land

biosphere and, for recent times, anthropogenic activities, and Wy is the gas transport between adjacent atmospheric boxes.

Air-sea exchange for12CO; for each atmospheric box is written as (for simplicity we omit atmospheric box index superscript)

¥ = ky,Nco, (pCO, — pCO,,,) (13)

where the gas transfervelocity k,, is 0.39 u?(Sc/660)~°3 with u the long-term annualmean wind speed at 10 m above ocean
surface, Sc the CO2 Schmidt numberthatdependson prognostic temperatures of the ocean surface layers (Wanninkhof, 1992),
andnco, is the CO2 solubility thatis a function of temperature and salinity of the surface ocean layer (Weiss, 1974). pCO, ,,
is the prognostic COz partial pressure at the ocean surfacelayerequalto [COZ]/nCO2 whereby [CO2] is the prognostic dissolved
CO2 concentration of the ocean surface layer calculated from ocean carbonate carbon chemistry (see Sect. 2.4). Wind speeds
arenotcalculated in oursimplified atmosphere module, so we use observed values from the NOAA/CIRES/DOE 20th Century
Reanalysis (V3) dataset for each ocean sector. For extremely warm climates experiments we use the Schmidt number
formulation from Groger and Mikolajewicz (2011) who demonstrated that the Wanninkhof (1992) formulation underestimates

Sc in such conditions.
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Air-sea exchange for 'CO> (i=13 and 14) is given by

. ) , . . [DIiC]
1{152 = kwnCOZ lak ( laawplcoz_ LawapCOZ,w _) (14)

[DIC]

where ‘a;,, = 0.99912 is the kinetic fractionation factor (Zhanget al., 1995), [DI'C]and [DIC] are concentrations of dissolved
inorganic carbon in the surface ocean layer, ‘a,,, is the fractionation factor due to different solubilities in the equilibration
process and ‘a,,, is the fractionation factorin the dissociation reactions associated with ocean carbonate chemistry expressed

as,

[cop 1+ fapyco, HCO3 14 Laco, [CO%']

iawa - DIC (15)

where iaHCO3 and i“co3 areindividualfractionation factors forthe carbonspecies [HCO;] and [CO§'] and surface layervalues
for these species are obtained from ocean carbonate chemistry calculations. Moreover, icho3 and "aco3 are functions of
surface layer temperature (Zhanget al., 1995). As the rate at which different isotopes of a chemical element take partin a
chemical reaction depends on their mass, we assume the 14C/12C fractionation to be twice asstrong as for 3C/12C,then *a =

1-201-1a).

For air-sea exchange of oxygen for each ocean surface sector

Y5 =k, (ﬂozpoz - [02]) (16)

with k,, as before butwith 0, Schmidt numbersthatdepend on prognostic temperatures of the ocean surface layers (Keeling
etal., 1998). The Oz solubility (no,) was converted from Bunsen solubility coefficientsthat depend on prognostic temperatures
and salinities (Weiss, 1970) to model units using the ideal gas mole volume, [O2] is the prognostic dissolved oxygen
concentration in the ocean surface layer (see Sect. 2.4). At present we do not include air-sea exchange of methane and nitrous
oxide in this model version. However, this could be readily accomplished upon need, as this has been successfully implemented
in the DCESS | model (Shafferet al., 2017).

With regard to sources/sinks (the second term on the right-hand side of Eq. (12)), the model considers the following

sources/sinks for each atmospheric tracer:
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For carbon dioxide, there is net exchange with the land biosphere, oxidation of atmospheric methane, volcanic input,
weathering of “old” organic carbon in rocks and weathering of carbonate and silicate rocks. As needed, anthropogenic CO»
sources may be added associated with fossil fuel burning and/orland use change. All these sources/sinks are also considered
for atmospheric 13CO,. For 14CO; the same sources/sinks as above are included, except for old (and thus 4C-free) carbon
sources which are inputs from volcanoes, organic carbon weathering and fossil fuel burning. In addition, 14C is produced

naturally in the atmosphere via cosmic ray flux and, in recent times, by atomic bomb testing. For each atmospheric box, the

Pl,m,h

L m,h
14C P

cosmic ray source of 4CO; can be expressed as A"™" Y ac

/Ayg, Where A, is the Avogadro numberand (in atomsm-
2s1)is the magnitude of 14C production, chosen here to match the estimated pre-industrialatmospheric 14C concentration such
that ACatm~ 0 %0. A small amount of atmospheric 14C enters the land biosphere and decays there radioactively. A smaller
fraction decaysdirectly in the atmosphere becomingan atmospheric sink of 14CO with a decay rate A,,. 0f 3.84x10-12s1, By
far, most of the 14C produced enters the ocean by air-sea exchange and by far most of this isotope decays within the ocean.
Finally, a smallamountof 14C entersthe ocean sediment via sinking of biogenic particles and part of this returns to the ocean

due to remineralization/dissolution in the ocean sediment.

For methane there is production within the land biosphere (see Sect. 2.5) and consumption associated with OH radicals in the
troposphere. Since this reaction depletes the concentration of these radicals, atmospheric lifetime of CH4 grows as methane
concentration rises. We include this effect in the model by taking the atmospheric methane sinkto be Ay, pCHa, with A.;, =
M(pCH4)/rCH4,PI whereby M(pCHaj) is a fitted function from several modelling studies that consider a wide range of pCHa
values and tcy, p; is the atmospheric pre-industrial lifetime of methane equalto 9.5 years (Shaffer et al.,, 2017). Potential
sources like melting of methane hydrate in the arctic tundra and in ocean sediments and by human activities may be included
in the model asneeded. For 13CH4the same processes are considered but with their respective fractionation factors (Sect. 2.5)

and adding the p'3CHa/p12CHa ratio to the above OH-related atmospheric methane sink formulation.

For nitrous oxide there is production within the land biosphere and consumption in the atmosphere, here mainly due to
photodissociation in the stratosphere. This is modelled as Ay,opN20, with Ay, = v,/Ty,0 Where ty,o, the atmospheric
lifetime of N20O, is taken to be 150 years. Potential sources like N2O flux from ocean denitrification and by human activities

may be included in the model as needed.

For oxygen, there is consumption associated with oxidation of atmospheric methane and reaction with OH radicals (see above),
and sink (source) from organic matter remineralization (photosynthesis) on land. Furthermore, there are long-term atmospheric
oxygen sinks due to weathering of organic carbon in rocks and oxidation of reduced carbon emitted in lithosphere outgassing.
A long-term steady state of pOz is achieved in the model when these latter sinks balance net Oz outgassing from the ocean

from less Oz consumption than production there due to burial of organic matterin the modelocean sediments. Additional sinks

10



295

300

305

310

315

320

https://doi.org/10.5194/gmd-2024-122
Preprint. Discussion started: 22 August 2024
(© Author(s) 2024. CC BY 4.0 License.

(sources) of atmospheric Oz associated with recent land use change and with burning of fossil fuels may be included in the

model as needed.

The last term in Eq. (12) representing the gas transport between two adjacent atmospheric boxes is modelled as

lﬂQ)=—@%%3 17)

with k, = 6x10" s based on data-model comparisons we made using the DCESS | model (Shaffer et al., 2008). For

simplicity, we take the same value for all gases and for all atmospheric boundaries.

Evaporation and precipitation modify bothsalinity and oxygen isotopic composition in the surface ocean. Fractionation due to
evaporation enriches (depletes) the 180 content in sea water (water vapor) from net evaporative model ocean (atmospheric)
zones. Further depletion in watervaportakesplace dueto fractionation in the condensation processasthe air mass cools in its
poleward path. Given the importance of 180 in paleoclimate studies, we incorporate atmospheric cycling of oxygen isotopes
of water following Olsen et al., (2005), which gives the 180 content in the well-known delta notation (5180w) relative to
Standard Mean Ocean Water (SMOW). This approach takes advantage of meridional atmospheric temperature profiles

estimating 5180, at every atmospheric box division, where subindex “a” refers to isotopic excursion of 180 in the atmosphere.

2.3 Ocean circulation and mixing

Simplified ocean dynamicsin the modelconsist of a balance between the pressure gradient force and linear (Rayleigh) friction

acting on the meridional velocity. Model flow is defined by this relation and hydrostatic and continuity equations,

1 0P

—ag—r}‘v =0 (18)
1 0P p

——=-Lg=0 19
po 0z Pog (19)
1 Odvcos ¢ 6_w: 0 (20)

rcos¢ 0¢ 0z

where 7 is a friction coefficient (Table 2), v and w are the meridional and vertical velocity componentsrespectively, P is the

pressure, g is gravity and p is the waterdensity, calculated using the non-linear function of temperature, salinity, and pressure
according tothe TEOS-10 standard (International Thermodynamic Equation Of Seawater, IOC et al., (2010)) but modified for

Boussinesq ocean models (Roquet et al., 2015).

11
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325 Table 2. Ocean module physical and biogeochemical parameters as well as applied Redfield ratios.

330

335

Parameter Symbol Value
Ocean Physics

Meridional flow friction coefficient 7 1x10*4s?
Deep ocean horizontal diffusivity K¢ 1x103m2? s
Surface ocean horizontal diffusivity K 2.5x104m?2 st
e-folding depth for horizontal diffusivity scale Z 200 m
Glacial melt water flux to Southern Ocean shelf E, 0.07 Sv

Sea ice export flux from Southern Ocean shelf F, 0.13 Sv
Ocean Biochemistry

Limitation factor (Southern Ocean/Arctic Ocean) Ly 0.15/0.30s1
Upper limit for rain ratio Teal,max 0.35
Steepness factor for calcite production u 0.16
Nutrient remineralization length scale 3% 833 m
Carbon remineralization length scale & 769 m
Calcite dissolution length scale écal 2500 m
Redfield ratios

Carbon to phosphate Tep 106
Alkalinity to phosphate Taikp 16

Oxygen to phosphate (nutrient component) Tonp 32

Oxygen to phosphate (carbon component) Tocp 118

Since there are no meridional boundariesatthe Drake Passage, a geostrophic flow cannot be maintained above the sill depth
there. To accountthisfeature in our simplified model, a virtual barrier against meridional flow is placed at55° S from surface
to 2000 m depth (Fig. 2). Equatorward Ekmantransport there, forced by prevailing westerlies winds, is included by prescribing
a net northward volume flux (E},) in the surface layer taken to be 30 Sv. This transport, which carries Southern Ocean surface
water properties, is injected into the “South Atlantic/South Pacific” sector on the corresponding density level, forming the
model’s Antarctic Intermediate Water (AAIW). Moreover, a northward surface flow of 1 Sv at 65° N is prescribed to consider
the net ocean exchange between the North Pacific and the Arctic Ocean across the Bering Strait. This flow carrying surface
North Pacific properties enters on the corresponding density level in the Arctic Ocean. At all other latitudes, meridional flow
is setto zero in the surface layer where exchangesrely entirely on horizontaland vertical mixing processes (Shafferand Olsen,

2001). The zonally averaged velocity at each meridional zone boundary is related to the density field according to
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9[04, LN (21)

vl > d) == G e

where n is the sea level and d,, is the depth of the mixed layer or, for Southern Ocean, the Drake Passage sill depth and for
Arctic Ocean,the Denmark Straitsill depth. Sea levels of the modelocean zonesare adjusted instantaneously to conserve mass
andto form sea level gradients in Eq. (21) thatlead to ocean meridional transports needed to balance the Ekman transport and
atmospheric freshwater forcing at the ocean surface. Finally, the vertical flow is calculated from continuity equation, given

meridional flow, Ekman transport, atmospheric freshwater forcing and shelf exchange (see below).

The effect of wind-driven gyre mixing is parameterized by a depth-dependent, horizontal diffusivity,
K,(2) = K2 + K; exp (i) (22)
Zg

where K# and K3 denote the deep and surface horizontal diffusivities and z, is an e-folding, gyre depth (Table 2). At the
Southern Ocean where wind-driven gyre mixing is notimportant, K; is decreased by 90 %. The same approachis taken at the
North Pacific sector where North Pacific Intermediate Water (NPIW) is formed with a reduction of 50 % in Kj . With this
setting, the model can reproduce global-scale intermediate water masses (AAIW and NPIW) in asimple way as reported by
other modelstudies (England, 1993; Stocker et al., 1994). This is one of the few “regional tunings” in the model. The vertical

diffusivity, K,,, is modelled using a stratification-dependent form, such that

: m N\7Y
K,(z) = min [Kv x KO (E) ];forN >0 (23)
where N is the Brunt-Viisala frequency equalto [(g/p,)(@p/ 02)1'/2. According to Gargett and Holloway (1984), we set
y = 0.5 indicating a relatively weak dependence on stratification associated with diapycnal mixing via breaking of internal
waves. Furthermore, K2 and N, are the respective scale values of K, and N taken asglobal representative thermocline values

equalto 3x10-°m2stand 102s? respectively (Kunze, 2017). For unstable stratification K, is equated with KI'®* (8x104m2s-

1), accounting for model convective adjustment.

2.3.1 Southern Ocean shelf and Antarctic Bottom Water formation

Antarctic Bottom Water (AABW) constitutes a majorocean water massfilling and ventilating the abyssalocean on a global
scale (Johnson, 2008; Orsi et al., 1999). Also, AABW plays a crucial role through the global overturning circulation in the
transport and redistribution of heat, salt, nutrients and carbon (among other tracers) and thus affects atmospheric CO>

concentrations and thereby global climate (Orsi, 2010; Purkey and Johnson, 2013).

13
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AABW originates from dense shelf water, formed by air cooling and brine-rejection during sea ice formation, that can flow
down the slope reaching abyssal ocean depths (Gordon, 2019). To address this process, we include a 500 m deep Southern
Ocean shelf (Heywood et al., 2014) between 69° S and 70° S. Furthermore, we assume that there is enough air-sea heat

exchanges on the shelf to maintain temperature there at freezing temperature 7. Then, the prognostic equation for all shelf

tracers but temperature (Y, ) is,

AW 1 )
St =i — B)W - BY + EWso — Fy oW, + FAG, (24)

where V;, is the shelf volume, £ is the freshwater flux due to ice sheet/calved iceberg melt and precipitation and F is the
iceberg export from the shelf takenas0.05 Sv and 0.02 Sv respectively. Furthermore, F; is the sea-ice export to the Southern
Ocean takenas0.13 Sv (Haumannetal., 2016), F. is the replacing flux from the Southern Ocean to the shelf and F; , is the
volume flux leaving the shelf atthe shelf break (see below). Each of these fluxes carry their own tracer values (Y, ¥;, Wso
and g, ). Values of W, are zero for salinity, phosphate and alkalinity tracers, n¢q,p**!*CO; for DI*213.14C, o O, for
dissolved oxygen and a constant value of -40 %o for 3180y. The latteris a rough estimate forthe mean present day 580w value
of ice exported from Antarctica based on snowinput values and ice sheet flow (Masson-Delmotte et al., 2008). For ¥;, sea-ice
takes the shelf water value, except for salinity which is taken as constant equalto 5 g kg. Furthermore, a fraction of the
freshwater flux crossing 55° S falls directly into the Southern Ocean and the rest goes to Antarctica. In steady-state the amount

going to Antarctica is equalto F;. The last right-hand term corresponds to the air-sea gas exchange where F,, is the gas flux

and A;’; is the ice-free surface shelf area, meant mainly to represent coastalpolynyas. Here we take A;’;l to be 20 % of the total

shelf area.

If it is denser than ambient Southern Ocean water, shelf water flows down along the continentalslope. On a path to the deep
ocean, downslope flow takes up ambient water via entrainment, typically increasing its volume more than twice its value at
shelf break to finally fill the abyssaloceanas AABW (Orsi, 2002; Orsi et al., 2001). In order to include a comparable AABW
formation processin our model, we addressthis using a simple formulation of entrainment following approaches described in
Baines (2005, 2008). The governing equations for the downslope flux (F;;) and the plume height (or thickness, H) normalto
the slope are

dFsi _ g Fsi
ol = o (25)
Y _2E+C,—S,Ritan 0 (26)

ds
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where s is the downslope distance from the shelf break depth obtained from observed bathymetry (Amante and Eakins, 2009)
and E is the entrainment coefficientequalto E,(1 — Ri/Ri.) for0 < Ri < Ri.and zero otherwise. Here Ri is the Richardson
number, Ri, is a critical value for Ri and E, is an amplitude parameter. Ri is defined as GH® cos 8 /F2 whereby G =
gAp(2) /p, is the buoyancy, Ap(z) is the difference between downflow density and the mean local ambient density and 6 is
the slope angle. Values for Ri, and E, are takento be 0.25 and 0.20 respectively (Xu et al., 2006). Finally, C, and S, are the
drag coefficient and a constant, respectively, with values taken from the literature cited above. Initial conditions at the shelf
break taken to be H, = 100m and F,; , = H,(G, Hy)°" with G, calculated as above using the Southern Ocean density at the
shelf break depth. We integrate Eq. (25) and Eq. (26) every 2 meters from the shelf break until the depth where the plume and
the ambient water buoyancy are close enough as defined by a threshold. Then this downslope flow enters Southern Ocean
model layers in accordance with the plume height. Although other overflow approaches have been proposed (Danabasoglu et
al.,, 2010; Xu et al., 2006), we think thatthis simple and fastapproach is well suited to capture the formation and insertion of
AABW at depthand is a particular strength in our simplified model. In this contextwe note that, quite a few CMIP6 models

form AABW incorrectly by deep, open-ocean convection and/or with lack of plume entrainment (Heuzé, 2021).

With the above physics and for any ocean zone, the general conservation equation of any ocean tracer i) may be written as

oy 1 d(cos pvp) o (wy) _ 1 0 oy 0 oy
ot T T o a¢(cos¢Kh 6¢>) + aZ(Kv az) + W) + ¥, () + ¥ () 27)

where W is the air-sea exchange of heatand gases, Wy is the exchange of dissolved substanceswith the ocean sediment and
W, are internal source/sinks into the water column. Ocean tracers of temperature, salinity and 580y are forced only at the
ocean surface via air-sea heat exchange and direct solar forcing for temperature and freshwater forcing for salinity and 5180
Pacific and Atlantic Ocean modelsectors between 35° S and 55° S south of Africa are connected via a zonalsurface-intensified
mixing scheme in order to emulate the role of Antarctic Circumpolar Current there. These specific terms are added to Eq. 27

for tracers of these boxes (msA and msP).

2.4 Ocean biogeochemical cycling

The ocean module considers the following biogeochemical ocean tracers: phosphate (POs), dissolved oxygen (O2), dissolved
inorganic carbon (DIC) in 1213.14C species, and alkalinity (ALK), which are all forced by new (export) production of organic
matter and biogenic calcium carbonate shells in the lighted ocean surface layers. Furthermore, PO4, DI121314C and ALK are
forced by river inputsand concentration/dilution of the surface layer by evaporation/precipitation . Moreover, O, and DI12.1314C
are forced by air-sea exchange. Inthe ocean interior, all these tracers are influenced by remineralization of organic matterand

dissolution of CaCOs shells in the watercolumn as well asexchange with the ocean sediment. DI*4C is affected by radioactive
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decay inall ocean layers. For simplicity, we have neglected explicit nitrogen cycling and have assumed that all biogenic matter

export from the surface layer is in the form of particle organic matter (POM) and that all CaCOs is in the form of calcite.

We take new (export) production of organic matter (NP) in each model surface layer to be a function of phosphorus (Maier-

Reimer, 1993; Yamanaka and Tajika, 1996) and solar radiation as

_aif I [POy]
NP = 4] z,, L; [PO,] TriToeri

(28)
where Af)f is the ice-free oceansurfacearea, z,,, is the euphotic layer depth (100 m), [PO4] and I are phosphate content in the
surface ocean andsolarradiation there, respectively. P, ,, and I, , are their respective half saturation constantsequalto 1 umol
m-3for phosphate and 100 W m-2for light (Mutshinda et al.,, 2017). L is an efficiency coefficient (units of s*) that estimates
iron and/orother limitation factorson net primary production. We take the value of L to be equalto 1 for mostocean zones
but set to some lower value for Southern and Arctic Oceans as determined by model fit to ocean data (Sect. 3.1.2). In the
surface layer sources/sinks due to new production for POs, DI2C, ALK and Oz are —NP, —7;, NP, 73, NP and
(ocp + Tonp NP respectively, where 7ep , Tayp » Tocp aNd Tonp are the Redfield ratios of C:P, ALK:P, (O2)c:P and (O2)n:P
respectively. The subscripts C and N refer to a division of POM produced into “carbon” and “nutrient” parts respectively, as
explained below. We adopted the Redfield ratios used in Shafferetal., (2008) and shown in Table 2. For DI1314C, the surface
sink due to new production and associated isotope fractionation is —'>!“a,, ,([DI'>'*C]/[DI'*C]),, 7» NP. We take the
fractionation factor 13a o,z to depend on surface ocean concentrations of dissolved carbon dioxide ([COz(q)]) and phosphate

according to Paganiet al., (1999):

116.96 Lf [PO4]+81.42

29
[COZ (aq)] ( )

13(X0rg =25-

where concentrations are in pmol kg'L. As previously, *agys =1 — 2(1— Botgy,).

Surface (export) production of biogenic calcite is related to new (export) production by ;- 7cp NP where 1;,4,¢ is the “rain”
ratio, the ratio between the production of CaCOsto the production of organic carbon. It is parameterized accordingto Maier-
Reimer (1993) and Marchal et al., (1998) but with the addition of a dependence on the calcite saturation state of the ocean

surface layer () following Shafferetal., (2016):

_ EXP(# (Ts—Tref)) 0g-1
Teaic = Tcal max 1+exp(u(Ts—Tref)) v+(QS—1)

(30)
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WhEre 7¢q; max IS @ rain ratio upper limit, w is the steepness factor, 7, and T, are the surface temperature and the reference
temperature (10 °C) respectively, and v is a half saturation constant taken to be 1 (Gangstg et al., 2011). Furthermore, Qg =
[Ca?*1[CO7 ] /K,, with calcium concentration givenas [Ca?"] = [Ca?],,(S/S,,) where [Ca®*],,and S,,, are the global ocean
mean calcium and salinity values, takenas10.57 mol m-3and 35 for present day respectively, S is the ocean salinity and K,
is the calcite solubility coefficient. There is no biogenic calcite production for subsaturated conditions (14, = 0 for Qg < 1).
Values for 1;4; ma, and u are determined by model fit to ocean and ocean sediment data. With this, surface sinks for DI*2C
and ALK due to biogenic calcite production are —7,4;c 7cp NP and —27,,, 7. NP respectively. For DI1314C, the surface sinks

due to calcite production and associated isotope fractionation are —'*'#a,, ([DI'*'*C]/[DI'*C]),,, Tcaic Tep NP, Where ag,, =

1, assuming no carbon fractionation during biogenic calcite formation in the ocean surface layer.

Particles are assumed to sink out of the surface layer with settling speeds high enough to neglect advection and diffusion of
them. This particulate flux decreases significantly with depth due to subsurface remineralization/dissolution with only a small
fraction reachingthe sea floor as shown by sedimenttrap data (Martin etal., 1987). To address this, we assume an exponential-
type law forthe vertical fraction of particulate organic matter (POM) “nutrient” and “carbon” component, each with a distinct
e-folding length (§, and &) motivated mainly by results of Shaffer et al., (1999). Additionally, we also include temperature
dependence (A,) on remineralization rates asindicated by ocean data (Laufkotteretal., 2017; Marsay etal., 2015). Therefore,
tracer sources in the water column due to remineralization of POM, “nutrient” (®,) and “carbon” component (®.), are

expressed as the vertical gradient of POM,

aPoM (2)
by o(2) == = POM(2) ¢

A (TO(Z))
éNC

(31)

(To(Z)_To,ref)/lo

where 2, is defined as @,

, Whereby Q,, is the biotic activity increase fora 10 degree increase of T, T, ... isa
reference temperature taken asthe present-day globalarea-weighted mean observed temperature from the World Ocean Atlas
2018 database (Boyer et al., 2018) for the upper 500 m (Komar and Zeebe, 2021) and &y . are e-folding lengths for T, (@ =
T, ref = 9.3 °C. For the biogenic calcium carbonate particles flux (PCal), we take a simple exponentiallaw with a constante-
folding length &.,; and, as above, tracer sources in the water column due to dissolution of CaCOz produced in the euphotic

zone (d.,;) is expressed as

aPCal(z)  PCal(z)
Dpg(2) == — =" (32)

§cal
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In Egs. 31 and 32, POMn, POMc and PCal at z = 0 are the respective surface layer export productions, NP, 7., NP
and r;,,c7cp NP. Given the range of Q,, values shown by data and modelling studies (Laufkotter et al., 2017; Regaudie-de-
Gioux and Duarte, 2012; Bendtsen et al., 2015) and to maintain model simplicity (see Sect. 2.5 and Sect. 2.6) we choose a
constant value forQ,, of 2. Also for simplicity, &, ¢, and ., are taken to be constants forall ocean zones whose values
(Table 2) has been chosen to fit ocean data (Sect. 3.1.2). Thus, the vertical source/sinks in the ocean interior for POs, DI12C,
ALK and 0z are @y, (&, + Dgyp), 2 @y — Taep Py and Gy yp @y + 19cp ) respectively. For DITL4C, the vertical
distribution from remineralization and dissolution is ([DI'*'*C]/[DI'*C]), [ "** 05,y ®c+">"* g P ). All these vertical
distributions are weighted by the ocean area profile A, (z) for each zone. In addition, the fluxes of P and 1213.14C that fall in
the form of POM and/orbiogenic calcite particles on the modelocean sediment surface atany depth of each zone are calculated
as the product of d4,(z) /dz there and the difference between the particulate fluxes falling out of the ocean surface layerand

the remineralization/dissolution taking place down to the depth of each zone.

Non-linear ocean carbonate chemistry is calculated using the recursive formulation of Antoine and Morel (1995) asexplained
in detail in Shafferetal., (2008) in the context of a DCESS-model approach. Thissystem yields ocean distributions of CO2(ag),
CO%‘, HCO; and hydrogen ion concentrations needed for calculations of air-sea exchange of carbon dioxide, carbon isotopic
fractionation during air-sea exchange and in ocean new production, dissolution of calcite in the ocean sediment, and pH
(seawater scale) calculations. Profiles of carbonate saturation with respect to calcite are calculated as K’cacos/([Ca2*]mS/Sm),

where K’cacos is the apparent dissociation constant for calcite as function of T, S and pressure (Mucci, 1983).

2.5 Ocean Sediment

For the sediment module, we adopt the approach developed by Shaffer et al., (2008), the main features of which are

summarized below.

Each model ocean layer of 100 m thickness is assigned a sediment segment composed of calcite, non-calcite mineral (NCM)
and reactive organic matter. The segment is a bioturbated layer (BL) that is assumed to be 10 cm thick divided in 7 sublayers
with highest resolution nearthe sediment surface such that sublayer boundariesare 0, 0.2, 0.5, 1, 1.8, 3.2, 6 and 10 cm.
Sediment segment areas are determined by model topography from each ocean zone. POM and PCalrain fluxes, and ocean
valuesof T, S, DIC, ALK, Oz and PO4are taken from respective layers from ocean and ocean biogeochemistry modules. NCM

fluxes (Fycpy) are parameterized as

Fyem = NCF [1 + CAF exp(—2/A g0, )] (33)
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where NCF is the open ocean non-calcite flux, CAF is an amplification factor at the coast (i.e. at z = 0) and A, is the e-
folding, water depth scale representing the effect of distance from the coast associated with continentalslope topography . For
simplicity, we apply the same value of NCF, CAF and A, forall oceansectors takento be 0.3 g cm-2kyr?, 20 and 200m

respectively.

The sediment module is designed to address calcium carbonate (CaCOs) dissolution and (oxic and anoxic) organic matter
remineralization by calculating concentrations of reactive organic carbon (OrgC), pore-water Oz and pore-waterCO%‘ foreach

sediment sublayer. To accomplish this, a key property is the sediment porosity (¢g, not to be confused with the latitude

symbol), which is parameterized as a function of calcite dry weight fraction, (CaCO3)qwf:
¢s@) = bsmin + (1= Pspmin) exp(=¢/a) (34)

where  is the sediment vertical coordinate, ¢(s ) = 1 — (0.483 + 0.45(CaCO;),,,,) and a = 0.25(CaCO;)y,,; + 3(1 —
(CaCO3)de) following Archer (1996). From sediment porosity, the sediment formation factor (F; = ¢35 3) is determined in

order to calculate bulk sediment diffusion coefficients of pore-water solutes.

To accountfortherole of benthic fauna, the bioturbation rate (D, ) is parameterized to depend on organic carbon rain ratesbut

also to consider attenuation associated with very low dissolved oxygen concentrations. This is formulated as

0.85
Forgc [02,0ceanl
b, =g (52) S )

0
FOTHC 2.occan]+02~]°W

where [0, o..an] s the ocean Oz concentration at the sediment surface and O, ,,, is taken to be 20 mmol m-3. Moreover, D}
and Fp, 4. arethe bioturbation rate scale and the organic carbon rain rate scale whose valuesare 1.38x10 ¥ cm?s®and 1x10%2

molcm-2 s, based in part on Archer et al., (2002).

Oxygen remineralization rates in the BL are taken to scale as bioturbation rates (and thereby as organic carbon rain rates;
Archer et al., (2002)), such asA,, =A%, D, /D2. Anoxic remineralization rates in the BL are slower than oxic rates and will
depend upon the specific remineralization reactionsinvolved (e.g. denitrification fasterthan sulphate reduction). More organic
rain would be associated with a more anoxic BL and a shift toward sulphate reduction. Therefore, we take Ao = BAox
whereby Bis taken to decrease for increasing organic carbon rain rate such thatp = BO(FOrgC /Fgrgc)y. As described in
Shafferetal., (2008), valuesfor A%, B, and y were constrained by organic carbon burialobservationsto be 1x109s,0.1 and

-0.3 respectively.
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Governing equations for OrgC, pore-water Oz and CO%' and CaCOsare second-order, non-linear coupled differential equations
which are solved for each sediment segment using a semi-analyticaliterative approach (steadystate) ortime steppingapproach
(time dependent) by imposing boundary conditions at the top and bottom of the BL and matching conditions at the sublayer
boundaries. For simplicity we also apply the same calculated sediment remineralization rates to organic phosphorus raining
on the sediment surface. Using a mass balance approach, sedimentation velocity is determined and used to calculate burial
rates of phosphorus, organic carbon and carbonate carbon down out of the base of the BL. In this way the model produces
synthetic sediment cores at every depth for each of the model ocean basins. Furthermore, model solutions provide fluxes
between ocean and sediment layers of PO4, Oz, DIC and ALK based on concentrations of these tracers in each respective
adjacentocean layer and sediment pore-water concentrations from organic matter remineralization and calcium carbonate

dissolution. A detailed description of the sediment module is given in Appendix A of Shaffer et al., (2008).

2.6 Land Biosphere

We consider a land biosphere modelwith three different, dynamically varyingvegetation zones per hemisphere (tropicalforest,
TF, grasslands, savanna and deserts, GSD, and extratropicalforest, ET) thatinclude carbon reservoirs for leaves (M), wood
(My,), litter (M,,) and soil (M) (Shaffer et al., 2008; Eichinger et al., 2017). The meridional limits for each vegetation zone
(prr—gsp for TF-GSD boundary and ¢;sp—gr for GSD-EF boundary)are obtained using a fifth-order polynomial dependent
on the deviation of hemispheric annualmean atmospheric temperature from the respective pre-industrial temperature such that
d(BT,) = ¢,8TS + ¢, 8T + 38T + ¢, 8T2 + cg8T} + ¢4, With 8T, = T, — T, ;. Polynomial coefficients are obtained by
fitting data from Gerber et al., (2004) for Northern and Southern Hemisphere separately (Table 3). Poleward ET limits are the
annual mean snowline for Northern Hemisphere and the fixed position at 55° S for Southern Hemisphere (there is no land
south of 55° S, see Fig. 1a).
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Table 3: Coefficients for vegetation meridional limits, ¢(8T,), for Northern and Southern Hemispheres and global pre-industrial
distribution of carbon storage and net primary production for all vegetation zones considered in the model.

c; (x1075) ¢, (x104) c3 (x109%) ¢, (x102) cs (x1071) Ce

NH -1.803 -5.809 -5.168 4970 10.920 11.280

Pre—aso SH 8.413 7.339 -8.333 -8.764 -6.965 -19.660

NH 1.152 -1.785 -4.557 4.156 10.170 37.770

Poso-zr SH -0.651 2131 1.857 -4.100 -6.615 -35.630

Tropical forest Grassland, Savanna and Deserts Extratropical forests

Leaves (Gt C) 30 50 20
Wood (Gt C) 270 50 180
Litter (Gt C) 16 40 64
Soil (Gt C) 200 500 800
NPP (Gt C yr?) 25 20 15

Net primary production on land (NPP) takesup atmospheric CO2and is forced by seasonally varyingsolar radiation. For each

vegetation type zone, land NPP is calculated according to

NPP = NPPy, 4, f(D) [1 +feo,In (;cfgjz,,,)] (36)
where NPPp is the pre-industrial net primary production (see Table 3), A¢ is an area factor accounting for vegetation size
change with respect to pre-industrial size, f;,, is the CO; fertilization factorequalto 0.37, a suitable value for the terrestrial
biosphere (Eby et al., 2013; Zickfeld etal., 2013), pCO2 is the model-calculated partial pressure of atmospheric carbon dioxide,
D) =f, +aexp (—((1 - b)/c)z) is a function fitted from model results (Hazarika etal., 2005) with coefficientsa, b and
¢ chosen to represent the seasonalcycle of solar radiation according to the specific orbital forcing parametersand f;, is chosen

so that the annual mean value of £(I) for each zone equal to one. With this formulation NPP responds in a seasonal cycle

according to £(I) and to atmospheric carbon dioxide on longer time scales.

With the descriptions above, the conservation equations forthe land biosphere reservoirs of 12C for leaves (M; ), wood (M),

litter (Mp) and soil (M) for each of the six vegetation zones are:

Lo _ 2 \Npp — 2 NPP,, —& (37)
dt 60 60 Mg p1

P _ 2 \pp — £ Npp,, W (38)
dat 60 60 My p1
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b — 2 Npp,, o 4 2 NPPy - — NPy, —2- 3, (39)
at 60 Mgp 60 My pr 60 Mp pi

aMs i My, E Mp _E Ms

o = oo NPy o TINPPy PR g — TNPPy S5 2, (40)

(Ta_ Ta,PI)/lo

where Mg|wpjspi are the pre-industrial reservoir sizes (Table 3) and2, = Q,,

with Q,, = 2 as above (Sect. 2.4).
Atmosphere-land biosphere carbon dioxide flux from each vegetation zone is:
BMp 15 My

Fo, = —NPP 4 NPPy |2 20| 0

(41)

For isotopes 13C and 14C, Egs. (37)-(41) are extended considering fractionation factors for photosynthesis and, for 14C,

radioactive decay as described in Shaffer et al., (2008).

Finally, land biosphere methane and nitrous oxide productions (F;y,and Fy,, respectively) take place in soil and are
proportional to the reservoir size and temperature dependent according to A, where again @4, = 2 for both. In addition, we
assume methane emissions only from wet areas (zones TF and ET). Thus, for each vegetation zone fluxes of these two

greenhouse gases are given as

Mg

FCH4|N20 = FCH4|N20,PIMS PIAQ (42)

where Fey, in,0.p1 = T,y N,0,p1 PCHy[pN, O) py and tey, n,0,p1 1S the pre-industrial atmospheric life time of CHs and N2O

(9.5 and 150 years, respectively). 314CHa fluxesare ' 4ay, Fuyy, pi(Ms™"* /Mg p;)Ag with ¥, = 0.97 the fractionation factor

for CHa4 production. As above, we assume the 14C/12C fractionation to be twice as strong as for 13C/12C (see Sect. 2.2). Fluxes

to specific atmospheric boxes are equal to the biosphere fluxes within the latitudinal boundaries of the boxes.

2.7 Lithosphere module (rock weathering, volcanism, and river input)

We follow the same approach as in the DCESS | model (Sect. 2.7 in Shafferet al., (2008)) by considering river inputs of
phosphorus and carbon species, climate-dependent carbonate and silicate weathering rates and lithosphere outgassing.
However here we extend this approach to consider distributions of continents, river mouths (Dai and Trenberth, 2002) and
volcanoes (NCEI Volcano Location Database). In the following, we restrict ourselves to presenting the main features of this

module (see Shaffer et al., (2008) again for more details).
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Weathering rates of rocks containing phosphorus (W, ), as well as carbonate and silicate weathering rates (Ws;, and W,,, ) are

taken to depend on deviation of mean atmospheric temperature from its pre-industrial value in the form,

(Ta_Ta,Pl)/lo
Wh siticar = 2oWaisiticar,pr = @4 Wh sit|cat,pi (43)

where Wp st car,pr @re the pre-industrial weathering rates for phosphorus, silicate and carbonateand @,, = 2 asforthe other
model components. Silicate weathering consumes2 moles of atmospheric CO2 per mole of silicate mineral weathered while
the carbonate weatheringconsumesonly 1 mole of atmospheric CO2 per mole of carbonate mineralweathered. Both types of
weathering supply bicarbonate ion to ocean surface layers, modifying dissolved inorganic carbon and alkalinity concentrations.

The phosphorus supply is equal to W, . Therefore, expressions for total river inputs for PO4, DIC and ALK tracers are

Rp =Wp = AgWp p; (44)
Rpic = 2(Wsil + WCal) = 2/1Q(Wsil,P1 + WCal,PI) (45)
Ry = 2(Wsu + WCal) — T ke Wp = AQ[z(WSL’l,Pl + WCal,PI) — TaLkp WP,PI] (46)

Values of W, p;, Weq py and Wy, p; are obtained from the assumed pre-industrial steady state equalto the global ocean burial
rate of phosphate (B, 4p ) and carbonate (B, ), respectively, and the assumption that Wg;, »; can be taken to be a fixed ratio
of carbonate weathering: W, p; = vy Wear pr With vg;; = 0.85. These total river inputs are distributed amongthe twelve
ocean sectors according to river mouth distributions mentioned above. For example, this leads to no river input to the model

Southern Ocean sector.

Sources of carbon to the atmosphere are weathering of rocks containingold organic carbon (W, ) and lithosphere outgassing
(Vol). As above,Wy,qc = AgWorgc pr @and Vol may either be takenasa constant and equalto its pre-industrial value (Vol ;)
or may be prescribed as an external forcing of the Earth System. Given the above together with assigned or calculated 13C
content for the different model inputs and outputs (including for example for organic carbon burial), overall steady state
conservation equations can be formulated for both 12C and 13C. These conservation equations can then be used to derive
expressions for Wy,.,c p;y and Volp, asgiven in Shafferetal., (2008) (their Eqgs. (41) and (42)). These totalatmospheric carbon
inputs are distributed amongthe 6 atmosphere sectors according to the same meridional distribution ascarbonate andsilicate

weathering and volcano distribution mentioned above.

From the above, the pre-industrial steady state equations for phosphorus, carbon-12 and carbon-13 are given by
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Wp = Borgp =0 47
Worge + Vol — 13}5[“ Bcai = Borge =0 (48)
WOrg6813COrgC +Vol 8% Cyor— 11?,;[” BCala13 Cear = BOrgC 813COrgC =0 (49)

For total oxygen content in the ocean-atmosphere system, the pre-industrial steady state equation is

. [BOrgc = Worge — Jota,om VOl] + Tonp (BP - WP) =0 (50)

rcp

where 1yp, Tocp and 1 are asmentioned in Sect. 2.4, and f,,4 o iS the fraction of Vol originating from old organic matter

that results from the above conservation calculations for 12C and 13C.

3 Model solution, calibration and validation
3.1 Pre-industrial steady state solution
3.1.1 Solution procedure

The ocean module equations are discretized on a staggered grid type, with tracer values defined at the centre of boxes and
velocities and diffusivities determined at box edges. Centered differences are used for derivatives, diffusion and vertical
advection, whereas an upwind scheme is used for the coarsely resolved, meridional advection. Prognostic equations for the
atmosphere (including snow and sea ice cover), land biosphere, lithosphere and the ocean modulesare solved simultaneously
using a fourth order Runge-Kutta algorithm with a two week time step. Prognostic equations forthe ocean sediment are solved
by simple time stepping with a one year time step. The complete, coupled model is written in Fortran language and runs ata

speed of about 10 kyr of simulation per 30 minutes of computer time on a high-end personal computer.

3.1.2 Calibration procedure

For model calibration we used a similar approach asin Shafferet al., (2008) but here consisting of six steps. For the first step
we considered the atmospheric module with atmospheric pCO2, pCH4 and pN20O set to their pre-industrial values (280, 0.72
and0.27 patm respectively) and a slab ocean for air-sea heat exchange. We adjusted the free parameters listed in Table 1 to
give asteady state global annualmean atmospheric temperature of 15 °C and a climate sensitivity of 3 °C per doubling CO>,
a poleward transport of heat and water vapor consistent with observations and annual mean latitudes and seasonal cycle
amplitudes of sea ice lines in accordance with observed data. In the second step we couple the physics part of the ocean module
to the physics part of atmosphere module and physicalocean free parameters (Table 2) were adjusted in order to get the best

fit to observed mass and heat transport as well as temperature and salinity distributions. In the third step we couple the land
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biosphere to the previously calibrated “physics model” version, and we adjust free parameters of function £(I) in Eq. (36) to
give observed annual mean carbon reservoirs for each vegetation zones as well as an atmospheric carbon dioxide seasonal
cycle amplitude consistent with observations. In the fourth step we incorporate ocean biogeochemicaltracers POs, DI121314C,
ALK and Oz to the model version of step three. For calibration we start with homogeneous vertical values of 2.17x10-3,2.32
and 2.43 mol m-3 for PO4, DIC and ALK respectively (in the following for simplicity DIC will be used to mean DI*2C).
Furthermore, in this step we use a fixed atmospheric Oz equal to 0.2095 patm, an atmospheric 313C equal to -6.5 %o and an
atmospheric 14C production chosen to keep A#Catm ~0 %o (Sarmiento and Gruber, 2006; Shafferetal., 2008). At this stage we
assumethat all biogenic particles falling to the ocean bottom remineralize completely there. We then made initial guesses for
the values of the biogeochemical free parameters of the ocean module listed in Table 2. These choices were partially based on
DCESS | model (Shafferet al., 2008). The atmosphere-land biosphere-ocean model was spun up with uniform atmosphere
and ocean tracer distributions to a steady state after about 10,000 model years and results were compared with atmosphere,
land biosphere and ocean data. Then all parametervalueswere adjusted by trial and error in order to get steady state solutions
thatbettersatisfied requirements described in the previous steps aswell as observed global annualmean distributions of T, S,
PO4, DIC, ALK and dissolved Ox>.

In the fifth calibration step we coupled the sediment module to the step four calibrated model. For conservation, the totalburial
rate of a tracer was added to the ocean surface layer of each box under consideration of present-day rivers distribution. After
solving this new closed-system for a new, pre-industrial steady state, we adjusted all free parametersin order to obtain steady
state solutions that better satisfied the data-based constrains of the previous calibration steps. In the sixth and finalcalibration
step, we coupled the lithosphere module to the step five calibrated model whereby river inputs are equated with tracer burial
fluxes from the fifth calibration step (tracer burial fluxes are now leaving the system). In addition, weathering rates and
lithosphere outgassing were calculated from the tracer burial fluxes and the assumption of the pre-industrial steady state for
phosphorusand 12:13C (Sect. 2.7). A last slight trial and error adjustment is made to satisfy the data-based requirements from
all previous calibration steps. For this final calibration, we madea long run until steady state is achieved such thatall model
components vary less than a 0.001 % during 1000 model years. Resulting global annual means for atmospheric temperature
and COz, CHsand N2O atmospheric partial pressures are 15.12 °C, 279.96,0.72 and 0.27 patm respectively. For atmospheric
isotopes, this final calibration gives a global mean atmospheric §13C of -6.53 %o and a 14C atmospheric production of 1.66x10*
atom m2s1, Global mean ocean valuesare 2.16 and 145.07 mmolm-2 for POs and dissolved Oz and 2.30 and 2.41 mol m-2 for
DIC and ALK respectively.

3.1.3 Atmosphere tracers and transport results

The steady-state, pre-industrial solution gives the annualmean atmospheric temperatures of 15.4 °C for Northern Hemisphere
and 14.8 °C Southern Hemisphere, whereas annual mean sea ice extensions for Northern (Arctic and North Pacific sectors)

and Southern Hemispheres are 66.2° N, 64.9° N and 63.2° S respectively. While Southern Ocean model result is close to the
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observed value (~64° S), our Arctic Ocean sea ice line position is about 7°too farsouth with respect to observational estim ates
(Fetterer et al., 2017). This could be attributable to ocean and sea ice dynamicsthatare not captured in our simplified, zonal-
averaged model. The Northern Hemisphere snow line is found at 58.8° N. Annual mean poleward atmospheric heat transport
across 35° N/S and 55° N/S are 4.4/4.8 and 3.1/3.4 PW, and poleward water vapor transports in the atmosphere at the same
latitudes are 0.76/0.82 and 0.43/0.45 Sv respectively. These model results agree well observationalestimates (Trenberth and
Caron,2001). The seasonalcycle of sea ice is relatively well represented into the model, with a maximum (minimum})extension
at the end of winter (summer) and with amplitudes of 4.7 and 9.0 degrees for Arctic and Southern Ocean respectively with
differences of 0.4 and 0.9 degrees respective to observed estimates (Fetterer et al., 2017). We believe that model-data
disagreements in sea ice are due to the simplicity of parameterization,butalso dueto anthropogenicsignal in the modern-day
sea-ice data. Annual mean model difference in atmospheric pCO2 between Northern and Southern Hemispheres is only 0.7
patm, a somewhat lower value than observations. However, much of this difference could be explained by the effect on the
observationsof NH anthropogenic CO2 emissions. On the other hand, the atmospheric pCOz seasonalcycle amplitude of 4.6
and 0.9 ppm for Northern and Southern Hemisphere respectively agrees rather well with monthly-mean observations from
Mauna Loa and Cape Grim observatories. This annual cycle amplitude responds strongly to the annual land vegetation
dynamics as well as the ocean-land distribution between Northern and Southern Hemispheres. The Southern Ocean plays a

role here as well, by dampening Southern Hemisphere cycle amplitude.

3.1.4 Ocean circulation and heat transport results

The steady state, pre-industrial model hasthe large-scale ocean circulation shown in Fig. 3. There aretwo meridional cells in
the model Atlantic Ocean. The upper, clockwise cell is an Atlantic Meridional Overturning Circulation (AMOC) with a
maximum transport of 19 Sv near 1000 m depth in the northern North Atlantic and a maximum depth of about 3500 m. Below
2000 m depth the flow returns southward to the Southern Ocean where upwells below the Drake Passage sill depth (2000 m),
largely in response to the surface northward Ekman transport at 55° S. Both the intensity and depth penetration of modelled
AMOC are in line with observed data and complex model results (Talley et al., 2003; Hirschi et al., 2020). The lower,
counterclockwise cell carries mainly AABW, which fills the whole abyssal Atlantic. The upper, southward branch of this cell

returns to the Southern Ocean and upwells there.
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Figure 3. Pre-industrial, steady state model representation of the meridional overturning circulation (Sv) for: (a) the Atlantic Ocean, (b) the
Pacific Ocean and (c) the global ocean. Red contours (positive values) represent clockwise circulation and blue contours (negative values)
are for counterclockwise circulation as indicated schematically by arrows.

The Pacific Ocean overturning circulation is dominated by a counterclockwise cell carrying AABW which fills the whole deep
ocean. The lower branch of the northward flow in this cell upwells in the North Pacific and returnssouthward in a nearsurface
flow. The upper branch of the northward flow in this cell upwells and return southward to the Southern Ocean below 2000 m
without crossing the equator. There is also a second counterclockwise cell carrying Antarctic Intermediate Water (AAIW)
north of the equatorabove 2000 m depth. The upper, southward branch of this cell joins the southward, near surface flow of
the deep, counterclockwise cell described above. There is a weak clockwise cell confined above 500 m depth in the North

Pacific related in part to the imposed model outflow to the Arctic Ocean through Bering Strait.

The mediterranean Arctic Ocean presents an estuarine-type meridional circulation of 1 Sv intensity entering at 700 m depth
and flowing outat 300 m depth. This counterclockwise circulation is maintained mainly by the zonal-averaged geometry and
freshwater inputs from precipitation and runoff. The Southern Ocean shelf produces 5.4 Sv of overflow water which after
entrainment increases its volume to ~16 Sv upon outflow in the deep Southern Ocean. This agrees quite well with observed

estimates (Orsi, 2002; Gordon, 2019). Such realistic entrainment and subsequent AABW formation, asachieved in the model

27



780

785

790

795

https://doi.org/10.5194/gmd-2024-122
Preprint. Discussion started: 22 August 2024
(© Author(s) 2024. CC BY 4.0 License.

with the prescribed, present day Antarctic continental slope (Amante and Eakins, 2009), underlines the usefulness of our

simplified, gravity current approach to this problem.

Northward ocean heat transport is found throughout the Atlantic Ocean, peaking at 35° N with 0.83 PW and falling
subsequently to 0.75 and 0.19 PW at55° N and 65° N respectively. The high valueat55° N is related to the maximum ocean
circulation intensity there. The South Atlantic carries 0.37 and 0.34 PW northward at 35° Sand 55° S respectively. The North
Pacific Ocean transports heat northwards, with valuesof 0.41 and 0.29 PW at 35° N and 55° N respectively. The South Pacific
Ocean transports heat southwards, peaking at 35° S with 1.21 PW and 0.84 PW at 55° S. At the equator, the Atlantic and the
Pacific Oceans transport heat in opposite directions with 0.65 PW northwards and 0.37 PW southwards respectively. All
modelled ocean transports agree well with data-based estimates (Trenberth and Caron, 2001), except at 55° N where the

modelled value is greater than observations.

3.1.5 Ocean tracer and biological production results

Model ocean profiles of T, S and 5180w, are plotted togetherwith observationaldatain Fig. 4 (all observed data shown in Figs.
4-7 are from the Global Ocean Data Analysis Project version2.2022 (GLODAPv2, Lauvsetetal., (2022)), except for those of
5180y, where data from the Global Seawater Oxygen-18 Database —v1.22 (Schmidt, 1999; Bigg and Rohling, 2000) have been
used. In general, there is a good model-data agreement especially at mid-depth and in the deep and abyssal ocean. In the upper
ocean, the model profiles are well within the observed mean range values. In particular for temperature, the model captures
quite well surface-to-deep ocean transitions in most of the model ocean sectors. Modelled temperatures in the Arctic Ocean
below 1000 m are about 3.5 °C warmer than observations, likely reflecting the extensive ocean area covered by sea-ice and/or
the lack of local deepwater formation mechanisms like wintertime coastal polynyas in our simplified model. South of 35° S
model temperature fall at the warm end of the observed data.
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Figure 4. Pre-industrial, steady state model ocean vertical profiles (dark blue lines) of conservative temperature (T), absolute salinity (S)
and water 80 isotopic excursion (50w) compared to observed data (light blue dots) for each ocean model box shown in Fig. 1a. T and S
are compared with data from the GLODAPV2 database (Lauvset et al., 2022), 5180, values are compared with data from Global Seawater
Oxygen-18 Database — v1.22 (Schmidt, 1999; Bigg and Rohling, 2000, https://data.giss.nasa.gov/o18data/).

Model salinity is quite well represented and captures prominent features of global ocean, such asthe salinity minimum at 650
m and 1050 m depth formsA and msP boxes representing the AAIW, the relatively surface minimum in mnP and hnP sectors
associate with North Pacific Intermediate Water (NPIW; Sverdrup et al., 1942), and the vertical salinity structure in the Arctic
Ocean with a surface salinity minimum, associated with freshwater inputs from runoff and sea-ice and snow melt and the
strong halocline asfound in observations (Aagaard etal., 1981). The lack of equatorialupwelling in our simplified model may
explain the relatively warm and salty waters in the north and south tropical sectors. For 380w, the model captures well the
vertical distribution as well as the meridional gradient in each model sector, reflecting the global evaporation/precipitation

distribution associated with isotopic fractionation of water.

Model ocean profiles of POs and O are plotted together with observational data in Fig. 5. The model achieves a good fit to
the observed valuesin almostall ocean modelboxes although the model results for O are slightly lower than observed forthe

mid-depth Atlantic Ocean. Surface phosphate is strongly controlled by ocean new production. Low surface values are found
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in all ocean boxes, except atthe Southern Ocean where the highest surface values are found due to intense upwelling and to
the low biological-production efficiency as expected from the low value of L, in our model. Furthermore, the model captures
well differences between Pacific and Atlantic Ocean basins. These differences are largely a consequence of the large-scale
820 oceancirculation asdescribed above. The oldest watersare found at the North Pacific Ocean (model sectors mnP and hnP, see
AC model profiles in Fig. 6), and consequently, the highest (lowest) values of phosphate (dissolved oxygen) in the ocean
interior are found there. High dissolved O valuesatboth surface and abyssalocean are relatively well represented in the model
in response to air-sea gas exchangeand AABW ventilation. At the ocean interior, Oz distributions respond mainly to organic
matter remineralization and, for msA and msP sector for example, ventilation from AAIW. Misrepresentation of PO4 and
825 dissolved O, above 1000 m depth of hnP sector is related to the way NPIW is treated in the model. The PO4 (dissolved Oz)
excess (deficit) in Arctic model sector is related to the overestimation in ocean temperature there which influences organic

matter remineralization.
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830 Figure 5. Pre-industrial, steady state model ocean vertical profiles (dark blue lines) of phosphate (PO.) and dissolved oxygen (O2) compared
to observed data (light blue dots) for each ocean model box shown in Fig. 1a. Observed values are from the GLODAPv2 database (Lauvset
et al., 2022).
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The ocean carbon cycle model tracers DIC and ALK, are plotted together with observed DIC and ALK in Fig. 6. The
comparison with observationaldata shows excellent model-data agreement forboth DIC and ALK. Both the vertical structure
and the spatial differencesamongocean modelboxesare well captured by the model. Furthermore, both the depths of the DIC
maximum and the slightly shallower depths of the PO4 maximum (Fig. 5) in well-stratified ocean zones agree well with
observations indicating good e-folding length choices used for model remineralization rates. These distributions reflect the

interplay between the cycling of organic matter and calcite as well as the air-sea exchange of COz.

DIC (mol m~3) ALK (molm~3) DIC (molm~3) ALK (mol m~3) DIC (molm=3) ALK (mol m~3) DIC (molm™3) ALK {mol m~3)
20 22 24 2.2 2.4 26 20 22 24 2.2 24 2.6 22 24 2.2 24 26 20 22 24 22 2.4 2.6

Depth (km)

Depth (km)
(5] B w N - o o - w N - o o B w N - o

[msA ) ‘ | [esA

11
Y13 Y )
ARIARINR

20 22 24 2.2 2.4 26 20 22 24 2.2 24 26 20 22 24 22 24 26 20 22 24 22 24 2.6
DIC (mol m~3) ALK (mol m~3) DIC (molm~3) ALK (mol m~3) DIC (molm~3) ALK (mol m~3) DIC (molm™3) ALK (mol m~3)

Depth (km)

Figure 6. Pre-industrial, steady state model ocean vertical profiles (dark blue lines) of total dissolved inorganic carbon (DIC) and alkalinity
(ALK) compared to observed data (light blue dots) for each ocean model box shownin Fig. 1a. Observed values are from the GLODAPV2
database (Lauvset et al., 2022).

Vertical distributions of carbonate ion (CO%"), CO?" saturation with calcite (C0§jsat) and water COz are plotted in Fig. 7. The
crossing point between CO%' and CO%jsat is the calcite saturation depth (CSD) which is found to be around 4000 m depth for
the entire Atlantic Ocean and which reachesa minimum depth of around 700 m in the North Pacific sector where the maximum
water CO2 concentration even exceeds that of CO%‘. These results showing undersaturation throughout most of the deep North
Pacific Ocean would imply low values of CaCOsin ocean sediments there. This is confirmed by the results for modelled and
observed ocean sediments presented below.
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Figure 7. Pre-industrial, steady state model ocean vertical profiles of carbonate ion (CO?%), carbonate ion saturation with calcite (CO3 at)
and water CO. for each ocean model box shown in Fig. 1a.

Ocean carbon isotopes (313C and A4C) are plotted together with observational data in Fig. 8. As for DIC and ALK, there is
excellent model-data agreement in nearly all model ocean zones. As light carbon is preferentially taken up during
photosynthesis, export of organic matter leaves the euphotic zone enriched in 13C (higher values of 33C). Upon
remineralization of this organic matterat depth, light carbon is released into the water column leaving the waterthere depleted
in 13C (lower values of 813C). As shown by the agreement of model 313C results with ocean as well as atmosphere data, the
model deals well with this fractionation process as well as with the temperature-dependent fractionation associated with air-
sea exchange of CO.. As for PO4 and Oz, meridional gradients and Pacific-Atlantic Ocean differences reflect ocean circulation
as seen clearly in the AC profiles. The oldest waters are found in the North Pacific and exhibit the most negative values of
313C and AC in the ocean interior due to a longer time for receiving light carbon from organic matter remineralization and
due to a longer time for radioactive decay to act, respectively. Modelled surface ocean 83C values are well within the data-
based estimates with a global surface mean model result of 2.15 %.. As before, the model-data disagreement of 313C in the

upper 1000 m depth in hnP sector is related to NPIW formation in the model.
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Figure 8. Pre-industrial, steady state model ocean vertical profiles (dark blue lines) of isotopic excursion of **C (§*3C) and isotopic excursion
of *C (A¥C) compared to observed data (light blue dots) for each ocean model box shown in Fig. 1a. Observed values are from the
GLODAPV2 database (Lauvset et al., 2022). For A¥C only values below 1000 m depth have been plotted as shallower depths are strongly
affected by the anthropogenic signal including atomic bomb **C inputs. Note that bomb 4C also affects deeper levels in the North Atlantic
and Arctic boxes (mnA, hnA and Arc).

With all the above, and despite minor model-data disagreements, the model reproduces quite well the main global features of
both physical and biogeochemicaltracers. Better ocean modelled distributions of S, 8180w, DIC, ALK, §*3C and AC are key
improvements that have been made in comparison to the much-simpler DCESS | model where distributions of those tracers
had shortcomings, in particular for S, 3180w and §'3C (Shaffer et al., 2008).

Model global ocean new (exported) production (NP) is 5.84 Gt C yr?,slightly higher than the 5.4 Gt C yr! of the DCESS |
model (Shafferet al., 2008). This new estimate is atthe lower end of the estimates from Dunne et al., (2007) (9.6+3.6 Gt C yr-
1) butalmost matchesa modern and possibly more robust estimate of Siegel et al., (2014) of 5.90 Gt C yr1. By far, the tropical
ocean model zones (35° S-35° N) are the most productive model regions, accountingfor more than 66 % of global exported
production partitioned into a 53 % and 13 % for the Pacific and Atlantic Ocean respectively. The Arctic Ocean and high north
latitude zone of Pacific Ocean have the lowest values of exported NP with 0.2 % and 1.1 % of the total respectively. The

Southern Ocean also has a rather low value with 5 % of total export production. Northern and southern mid-latitude model
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sectors (35°-55° N/S) show around 22 % of total NP, with 5 % and 7 % for mnPand mnA and 8 % and 2 % formsP and msA
boxes respectively. This meridional distribution is also observed in the publications cited above. We believe that lack of
equatorialupwelling of rich-nutrient waters in the model probably contributed to the relatively low value of ocean NP in our
model.

Global biogenic calcite production in the model is 1.25 Gt C yr! where more than 65 % is produced in tropical model zones
of the Pacific Ocean. Tropical zones of the Atlantic Ocean account only for 16 % of global calcium carbonate production.
Extratropicalocean model zones from Northern and Southern hemispheresand combining Pacific and Atlantic boxes represent
only a 15 % of total biogenic calcite production. Table 4 shows values for organic matterand calcite production foreach ocean

model box.

Table 4: Pre-industrial organic matter and biogenic calcite ocean production estimates. All values are given in Gt C yr,

Ocean limits Atlantic Ocean Pacific Ocean
Organic matter Biogenic Calcite Organic matter Biogenic Calcite
65° N-55° N 0.20 0.01 0.07 3.52x103
55°N-35° N 0.38 0.06 0.30 0.04
35° N-0° 0.43 0.12 1.34 0.35
0°-35°S 0.35 0.09 1.80 0.47
35°S-55° S 0.15 0.02 0.47 0.07
Southern Ocean (55° S-70° S) Arctic Ocean (90° N-65° N)
0.31 0.01 0.02 5.43x10

Our estimates are well into the observed range of 0.5-1.6 Gt C yr! of Berelson et al., (2007) but slightly higher than more
recent estimates of 0.91+0.14 Gt C yr! (Sulpis et al., 2021). Overall, our model result of new (exported) production is well
into the range of CMIP6 models (Planchat et al., 2023), but our biogenic calcite production is at the upper end of those model
estimates. However, we note that CMIP6 ensemble results tend to globally underestimate the exported inorganic carbon

compared to observational estimates (Planchat et al., 2023).

The calcite carbon to organic carbon flux ratio is similar for the Pacific/Atlantic Oceans, with ratios of 0.6/0.5, 0.9/0.7 and
1.2/1.1 in tropical model sectors at 1000, 2000 and 3000 m depth respectively, and ratios of 0.2, 0.3 and 0.5 for northern
latitudes sectors of those basins at these depths. These ratios are somewhat lower than those estimated from sediment trap data

(Berelson et al., 2007). The longer e-folding scale §.,; than &, andthe temperature effect on organic matter remineralization
and on the CaCOs rain ratio (see Sect. 2.4) help explain these results.
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3.1.6 Sediment results

Inthe model pre-industrial steady state, 0.11 Gt C yr! of organic carbon is buried in ocean sediments. This represents 12 % of
totalorganic carbon falling on sediment surface; the remaining 88 % is remineralized to DIC that returnsto the water column.
More than 90 % of this burial takes place at water depths shallower than 1000 m. The highest modelled burial rates fororganic
carbon per ocean sectorare found in the tropical Pacific Ocean and the North Atlantic Ocean (35° N-65° N) sectors with over
40 % and 27 % of the total organic carbon burial, respectively. The global inventory of bioturbated layer (BL) organic carbon
is 122 Gt C, somewhat higher than found in the pre-industrial, DCESS | model simulation (92 Gt C).

For calcite, the global annualmeanburialrateis 0.21 Gt Cyr! where more than 57 % takes place in the tropical Pacific sectors
and 23 % is buried atthe combined north-tropicaland mid-latitude Atlantic Ocean sectors. Of the totalannualmeanburial rate
of CaCQOzin the Pacific and Atlantic Ocean (0.14 and 0.07 Gt C yrrespectively) 49 % and 45 % of calcite is buried at depths
greater than 1000 m in these basins, respectively. Modelled global ocean mean calcite dry-weight fraction (CaCO3)aw is 0.349,
whereas Pacific and Atlantic oceans present mean values of (CaCOz)awr 0f 0.353 and 0.440 respectively, where highest values
are found in south tropical Pacific and north Atlantic sectors with values of 0.459 and 0.553 respectively. Model global
inventory of bioturbated layer calcite carbon is 767 Gt C, somewhat lower than the DCESS | pre-industrial estimate (1010 Gt
C) butin good agreement with the 800 Gt C data-based estimate from Archer (1996). Of this, 503 Gt C is found in the Pacific
Ocean BL and 249 Gt C in the Atlantic Ocean one, equivalentto 66 % and 32 % of the total, respectively. The results above

highlight how the model captures ocean carbon cycle differences between Pacific and Atlantic Ocean.

Figure 9 shows the dry-weight fractionsof organic matter (OM)awrand calcite (CaCOs)qwraswell asthe sediment velocity out
of the bottom of the BL (wsed) for each ocean model box. In general, relatively high (OM)qwt, relatively low (CaCOz3)qw and
rapid sedimentation rates are found at shallow depths. This can be explained mainly by high prescribed flux of non-calcite
minerals at such depths that 1. fill the BL mainly with such minerals and 2. rapidly flush the BL thereby promoting high
(OM)awt burial since relatively little organic matterisremineralized in the BL on such short time scales. At intermediate depths
abovethe model’s CSD, (CaCOs)awf, is higher, (OM)qus is lower and sedimentation rates are more moderate. This results from
enhanced CaCOz accumulation in sediments bounded by ocean layers supersaturated with carbonate ion (see Fig. 7), but also,
from much lower non-calcite mineral and organic matterrain rates leading to slower BL flushing thatallows more complete
organic matter remineralization. At those intermediate depths, the modelled effect of dissolved oxygen on organic matter
remineralization can be seen in the North Pacific model sectors where this remineralization is slowed down considerably as
ocean layersthere become nearly suboxic/anoxic. This also leads to a local increase in sedimentrates. In the deep ocean below
the model’s CSD, rapid decreasesin CaCOs content,very low organic matter contentsand slower sedimentation ratesare the
result of calcite dissolution combined with low constant non-calcite rain rates and still lower organic matter rain rates. The

Arctic Ocean modelsediment is almost completely composed of non-calcite mineral as the sediment flux of biogenic material
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falling on sediment surfaceis very small due to the extremely limited surface new production. Inthe Southern Ocean, model
sediment is also composed mainly of non-calcite-mineral but contains larger fractionsof (OM)awr and (CaCOsz)dwt than in the
Arctic Ocean. The water depth of the calcite compensation depth (CCD), defined operationally where (CaCOs)awfequals0.1,
is found around 4800 m for both tropical Pacific and tropical Atlantic Ocean sectors. In contrast, there are majordifferences
between North Atlantic and North Pacific sectors with CCD depths around 4400 m and 2100 m depth, respectively.
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Figure 9. Pre-industrial, steady state model sediment vertical profiles of dry-weight fractions of organic matter, (OM)aw, and calcite,
(CaCOs)aws, as well as sedimentation velocity (Wsed), all at the base of the bioturbated layer of each ocean model box shown in Fig. 1a.

3.1.7 Lithosphere results

Table 5 lists modelweathering and burial rates forthe pre-industrial steady state. From weathering-burial steady-state balances
outlined in Sect. 2.7 and global mean values of 13C isotope excursions for organic carbon (5130rgC = -22.06 %) and carbonate
(313Carb =2.22 %o) obtained from the fifth calibration step, modelled outgassing from volcanoes is foundto be 0.140 Gt C yr

1 in good agreement with to modern-day data-based estimates (Masson-Delmotte et al., 2021).
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Table 5: Weathering, lithosphere outgassing and burial estimates for pre-industrial, steady state balances.

Property Symbol Estimated value
Phosphorus weathering Wepi 2.507x10% mol P s
Organic carbon weathering Worgcpl 0.064 Gt Cyrl
Carbonate weathering Woeal pi 0.115GtCyr?
Silicate weathering Wil pi 0.098 Gt Cyr?
Lithosphere outgassing Volp| 0.140GtCyr?
Organic carbon burial Borgcpi 0.106 Gt C yrt
Carbonate burial Bcal pi 0.213GtCyrt

The modelled river input of totalinorganic carbon is 0.43 Gt C yrt, a value close to that found in the DCESS | model (0.40 Gt
C yr1)andclose to the 0.41 Gt C yr?! from data-based estimates (Li et al., 2017). More than 51 % of this river input flux, is
delivered to the Atlantic Ocean, while 40 % drains to the Pacific Ocean and the rest to the Arctic Ocean. The Southern Ocean
does not receive inorganic carbon from rivers. With the results above, modelled steady state pre-industrial global ocean
outgassing of COz is 0.11 Gt C yr! which is balanced by net uptake of atmospheric CO> that is expressed as2Ws; p; +
Wear,pr = (VOLoy + Worge pr)-

3.2 Testing the model

We carry out two simple experiments to test model performance. In the first experiment (Exp 1) we force the model with an
imposed, time-dependent function of northward Ekmantransport out of the Southern Ocean at55° S. We considered two cases
for this experiment, doubling (Exp 1a) and halving (Exp 1b) this transport value on a timescale of 1500 years. With this, we
try to emulate the role of Southern Ocean westerly winds on large-scale ocean circulation as it has been hypothesized that
intensity and position shifts of these winds may drive global-scale climate changes on glacial-interglacial timescales (Gray et
al., 2023; Lee et al., 2011; Toggweiler etal., 2006). In the second experiment (Exp 2) we force the model with an imposed,
time-dependent function of freshwater input to the Southern Ocean shelf to emulate a melting pulse of the Antarctic ice sheet.
We “melt” the equivalent of 2.5x10°5 m-2 freshwater (equivalent to 5 m sea level rise) over two different timescales: a fast
pulse to get a sea level rise of 1 m (Exp 2a)and a slow pulse to get a 0.1 m rise (Exp 2b) after250 yearsof model simulation.
This is consistent with modelled assessmentsabout Antarctic ice sheet retreats in the present climate context (Ruckert et al.,
2017; Deconto and Pollard, 2016). In both experiments we focuson changeson large scale ocean circulation and its impact on

ocean tracer distributions as well as on global climate.
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3.2.1 Southern Ocean Ekman transport forcing

The forcing and model results are presented in Fig. 10. With the increase of northward Ekman transport (Exp 1a) across 55°
S, there is more upwelling in the Southern Ocean sector (Fig. 10b). However, this Southern Hemisphere forcing does not
significantly impact AMOC intensity in the North Atlantic Ocean, as shown by the streamline evolution at55° N at 1000 m
depth (Fig. 10e). Rather, this forcing leadsto the appearance of a clockwise recirculation cell between 55° S and 40° S confined
between 1000 m and 2000 m depth for both Atlantic and Pacific Oceans, as indicated by the vertical flux (defined positive
upwards) in msA and msP sectors at 1500 m depth showed in Fig. 10c-d. In Exp 1b, a decrease in northward Ekman transport
across55° S causesa decrease in the Southern Ocean upwelling (Fig. 10b). In this experiment there is an increase in the upward
flux above 2000 m depth in msA and a decrease in the downward flux below 1000 m depth in msP, fluxes that subsequently
join the upperocean northward flowand the deep southward flow in the Atlantic and Pacific Oceansrespectively. Insensitivity
of North Atlantic AMOC intensity as well as intermediate-depth Southern Hemisphere recirculation for increased westerlies

forcing has also been reported in other modelled experiments (Jochum and Eden, 2015; Rahmstorf and England, 1997).
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Figure 10. Results for 3000-year simulations for two different choices of northward Ekman transport across 55° S. (a) Applied Ekman
transport evolutions, (b)-(d) vertical transport (Vert transport, defined positive upwards) at 1500 m depth for Southern Ocean, msA and msP
sectors respectively, (e) northward transport across 55° N above 1000 m depth in the Atlantic Ocean, (f) AABW transport reaching the
abyssal Southern Ocean, (g)-(h) Southern Ocean new production evolution and Southern Ocean surface 3*3C change and (i)-(j) changes in
atmospheric CO2 and atmospheric temperature (solid lines are for Southern Hemisphere mean Ta and dashed lines are for Ta for atmospheric

southern polar zone, 55° S-90° S).

These ocean interior circulation changes lead to a denser (lighter) water being upwelled in the Southern Ocean for Exp1 and
Exp 2 respectively, leading to less (more) entrainment and consequently decreasing (increasing) amounts of AABW reaching
the abyssalocean forthese experiments (Fig. 10f). More (less) upwelling togetherwith this Southern Hemisphere recirculation,
enhance (reduce) ocean new production in the Southern Ocean, as more (less) nutrients are carried to the surface there (Fig.
10g). These changes in Southern Ocean NP are not reflected in surface ocean §13C values (Fig. 10h, as well asin msA and
msP) in this zone of low model new production efficiency. Rather, the decrease (increase) in 813C values in Exp 1a (Exp 1b)

is associated with lighter (heavier) signal of 13C from more (less) upwelling of deeperwater originating from northern latitudes

39



1010

1015

1020

1025

1030

1035

1040

https://doi.org/10.5194/gmd-2024-122
Preprint. Discussion started: 22 August 2024
(© Author(s) 2024. CC BY 4.0 License.

of Atlantic and Pacific model zones. Air-sea exchange of CO, with the Southern Ocean reflects changes in the upwelling rates
thereasmore or less carbon-rich deeperwater is carried to surface layersthere. More (less) outgassingthere leadsto an increase
(decrease) in atmospheric CO2 concentration (Fig. 10i) and a resultingrise (fall) in atmospheric temperature (Fig. 10j). Changes
in atmospheric CO2 contentis nearly uniform in all atmospheric boxes due to the rapid turnovertime of the atmosphere. The
temperature change in southern polar atmospheric box is around 2.5 °C and -1.8 °C for Exp 1a and Exp 1b respectively.
However, this warming (cooling) signal decreasesrapidly farther northward such that mean Southern Hemisphere atmospheric

temperature changes are around 0.7 and -0.5 °C for Exp 1a and 1b respectively.

3.2.2 Antarctic ice sheet melt freshwater forcing

Forcing and model results for this experiment are shown in Fig. 11. The rapid freshwater pulse to the Southern Ocean shelf
(Exp 2a) produces a greater and more abrupt decrease in AABW fluxes flowing down off the shelf break (F;; ,), aswell asin
the abyssal ocean, Fy;, (Fig. 11b). For Exp 2a, F;; , and K, reach minimum values of 3.5 and 11 Sv respectively, i.e. around
30 % less than the pre-industrial values. In Exp 2b, modest declines of 0.7 and 2 Sv are obtained for ,; , and F;, representing
a decrease of only 13 % compared to modern-day values (Gordon, 2019). Consequently, the abyssal counterclockwise
circulation decreases its intensity by more than 11 and 2 Sv for fast and slow freshwater pulses respectively, as shown by the
northward streamline evolution at 4500 m depth crossing 55° S (Fig. 11c). This corresponds to a 75 % decrease compared to
only a 14 % decrease for the fast and slow freshwater pulses, respectively, underlining the sensitivity of model AABW
circulation to the speed and not only the size of the Antarctic Ice Sheet melt water pulse. Such lower AABW ventilation rates
lead to the decline in dissolved Oz content of the abyssal northern sectors of the Pacific and Atlantic Ocean (Fig. 11d-e). A
greater AMOC penetration depth,asa consequence of weakened AABW abyssalcirculation, may inhibit a furtherdecrease in

the abyssal O content of the North Atlantic Ocean as more atmospheric oxygen is carried to those depths.

Opposite behaviorsare observed in the abyssalocean AC content for northernmost model sectors of North Atlantic and North
Pacific Ocean (hnA and hnP, respectively). The increase in the hnA sector (Fig. 11f)is caused by deeper AMOC penetration
depthas AABW cell gets weaker leading to increased transport of near surface 1*C to the abyssalocean. In the hnP sector, the
decrease in 14C content stems from longer residence times due to the reduced AABW ventilation there leading to more
radioactive decay. The oxygen-18 signature in the abyssal ocean is quite sensitive to the freshwater forcing to the Southern
Ocean shelf as watermelt from the Antarctica ice sheet comes with an isotopic signal of -40 %o in the model. This is shown in
Fig. 11 h-i, where similar changesare observed atthe boxes directly north of the Southern Ocean (msA and msP) at 4500 m
depth, with changes around of -0.17 and -0.09 per mil for fast and slow forcing experiments, respectively. Despite all these
ocean interior changes, Exp 2a and Exp 2b forcings lead only to small changesin atmospheric CO2 of around 1 ppm or less in
both experiments. As a consequence, there is nearly no change in global atmospheric temperature although small, sea-ice

dynamics-driven oscillations of 20 year-period are found in southern polar atmospheric temperature (not shown). We stress
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that this simplified experiment was carried out mainly to test the model performance to isolated fresh water forcing. A
comprehensive study of the global climate system response to Antarctic ice sheet melting would also require consideration of

1045 climatic effects leading to the melting in the first place, i.e. a coupling of the climate system and the ice sheet.
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Figure 11. Results for 3000-year simulations for two different choices of Antarctic icesheet melt rate. (a) Applied melt rates evolutions, (b)
AABW transport flowing off the Southern Ocean shelf (F ;) and reaching abyssal depths (F;), (c) total northward transport (combined

1050 Atlantic and Pacific) crossing 55° S below 4500 m depth, (d)-(e) changes in dissolved Oz content in the ocean at 4500 m depth for northern
sectors of the Atlantic and the Pacific Ocean, respectively (mnA and mnP), (f)-(g) ocean A*C change at 4500 m depth for the northernmost
sectors of the Atlantic and the Pacific Ocean, respectively (55° N-65° N, hnA and hnP), (h)-(i) 50 change at 4500 m depth for ocean
boxes directly north of the Southern Ocean (msA and msP) and (j) global mean atmospheric pCO2 change.

4 Discussion and conclusions

1055 We havedescribed and tested a new Earth System Model of Intermediate Complexity, DCESS 11, that hasbeen calibrated to
the pre-industrial Earth System. For this relatively simple model, efforts were made to limit the number of model free

41



1060

1065

1070

1075

1080

1085

https://doi.org/10.5194/gmd-2024-122
Preprint. Discussion started: 22 August 2024
(© Author(s) 2024. CC BY 4.0 License.

parametersand to constrain their values as much as possible using observations. At the end of this process, we find generally

excellent agreement with available modern observations.

Some key featuresof the physical part of the model like horizontal resolution, a simplified dynamicalscheme for large-scale
ocean circulation, stratification-dependent verticaldiffusion, a gravity current approach to the formation of Antarctic Bottom
Water as well as a dynamical formulation for sea-ice, have helped us to achieve good agreement to observed data like
atmospheric heat and water vapor transport and ocean temperature and salinity distributions (Lauvset et al., 2022). These
improvements with respect to the original DCESS | model, together with updates in ocean biogeochemistry such as a light-
dependence on surface new (exported) production of organic matter, dependence on calcite saturation state for the biogenic
carbonate production, as well as local temperature dependence on organic matter remineralization, result in accurate model
representations of ocean biogeochemical tracers, highlighted by an excellent model-data agreement with regard to marine
carbon cycle species. Furthermore, the incorporation of a new land biosphere module considering three different types of
vegetation and a light-atmospheric CO2-dependence on net primary production on land, as well as ocean sediment and
lithosphere modulesapplied to multiple ocean and land sectors make the DCESS 11 model an excellent while economicaltool

for studying and gaining short as well as long-term understanding of the global carbon cycle.

Two experiments were conducted in order to explore and test model performance. In the first experiment (Exp 1) we forced
the model in a way thatemulates the role of the Southern Hemisphere westerly winds on the large-scale ocean circulation. In
the second experiment (Exp 2) we introduced (at two different rates) a freshwater “melt” volume equivalent to a global sea
level rise of 5 m into the shelf surrounding Antarctica. In both experiments, model results show important physical and
biogeochemical changes in the ocean driving perturbations in the global carbon cycle. This is reflected by responses in
atmospheric CO2 aswell as in abyssalocean AC and dissolved Oz content. These experiments serve to demonstrate howthe

modelcaptures the globalrole that Southern Hemisphere westerly winds and Antarctic Bottom Waterplay in the Earth System.

The developmentand calibration of the DCESS Il model asdescribed here hasalso set the stage for future work. For example,
coupling of the model to an Antarctic Ice Sheet (AIS) model will provide a more realistic Earth System simulation when
compared to our idealized experiment 2 described above. For this work an extended and improved version of the simple, well
tested DAIS model (Shaffer, 2014) will be used. In another example, planned incorporation of methane and nitrogen cycles
into DCESS |1 will significantly improve its ability to dealrealistically with deep-time global warming events associated with
massive carbon inputs to the Earth System. Groundwork for this step has already been done in as much as these global
biogeochemical cycles were incorporated into the DCESS | model (Shafferet al., 2017). In addition, other potential model
applicationsinclude the study of different global climate events like Dansgaard-Oeschger oscillations, longer climatic events

like the Eocene-Oligocene Transition or even the assessment of deep-time mass extinction events by taken advantage of the
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relative simplicity of the model for setting proper boundary conditions like orbital forcing and continentaldistribution among

others.

In conclusion, we have presented, validated and tested a simple and fast new Earth System Model of intermediate complexity
intended to be a flexible, comprehensive and economical Earth System modelling platform. Despite its limitations like
relatively low horizontal resolution and multiple parameterizations, the model represents quite well most Earth System
components, especially the global-scale carbon cycle. Due to its simplicity, it could be easily modified in terms of boundary
conditions to address specific past epochs. Thus, we find DCESS 11 to be a useful tool for studies of past, present and future

global change on time scales of years to millions of years while not needing large computational resources.

Code availability. The code for the DCESS Il model and others DCESS model versions are freely available at
http://www.dcess.dk/.

Data availability. Ocean observed data used in Figs. 4-6 and in Fig. 8 are from the Global Ocean Data Analysis Project version
2.2022 (GLODAP-v2.2022, Lauvsetet al., 2022) database and can be accessed at the National Oceanic and Atmospheric
Administration (NOAA) National Centers for Environmental Information (NCEI) under https://doi.org/10.25921/1f4w-0t92.
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